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Abstract

An unforced pre-industrial control simulation of the Community Climate System Model 4

(CCSM4) is found to have Greenland warming and cooling events that resemble Dansgaard-

Oeschger-cycles in pattern and magnitude. With the caveat that only 3 transitions were

available to be analyzed, we find that the transitions are triggered by stochastic atmo-

spheric forcing. The atmospheric anomalies change the strength of the subpolar gyre,

leading to a change in Labrador Sea sea-ice concentration and meridional heat transport.

The changed climate state is maintained over centuries through the feedback between

sea-ice and sea-level pressure in the North Atlantic. The full evolution of the anomalous

climate state depends crucially on the climatic background state

We present evidence for a El Niño Southern Oscillation (ENSO) -like mode that varies in

tandem with the Greenland cooling and warming phases. Greenland cold phases corre-

spond to dominant El Niño-like conditions, increased variance of ENSO and a displace-

ment of El Niños (La Niñas) farther to the east (west). This ENSO-like mode is correlated

with sea-level pressure anomalies over the Labrador Sea. ENSO-like variability with said

characteristics on centennial scales is also present in a different pre-industrial control sim-

ulation. The absence of Greenland climate transitions in this simulation suggest that the

the centennial scale climate variability presented here, originates in the tropics.

In the southern hemisphere the only significant changes in association with the Green-

land cooling and warming phases are out-of-phase sea level pressure anomalies over the

Weddell and Ross Sea. We explore why a strong interhemispheric coupling is absent

and demonstrate that increased atmospheric CO2 - as observed for the cold phases of

Dansgaard-Oeschger-cycles - improves the southern hemisphere temperature response.

Net snow accumulation changes between the Greenland cold and warm phases are com-

parable in pattern and magnitude to those induced by orbital changes. This suggests that

internal climate variability has the potential to favour a glacial inception even though or-

bital conditions might not yet be in optimal conditions - based on Milankovitch theory.

We discuss potential effects of glacial boundary conditions for the above described cli-

mate changes.



Abstrakt

En uforceret, præindustriel klimasimulation med Community Climate System Model 4

(CCSM4) viser opvarmnings- og nedkølingshændelser i Grønland som ligner Dansgaard-

Oeschger-begivenheder i deres mønster og størrelse. Med forbehold for at kun tre over-

gange mellem et koldt og et varmt klima er tilgængelige for analyse, opdager vi at over-

gangene bliver udløst af et stokastisk signal i atmosfæren. Signalet påvirker styrken af

den subpolare gyre, som fører til en ændring i Labradorhavets haviskoncentration og den

meridionale varmetransport. Den nye klimatilstand er bibeholdt over flere århundreder

gennem en tilbagekobling mellem havis og lufttryk over Nordatlanten. Den fulde ud-

vikling af den anomale klimatilstand afhænger kraftigt af den klimatiske baggrundstil-

stand.

I vores analyse finder vi en svingningstype der ligner El Niño Southern Oscillation

(ENSO) og som svinger i takt med de Grønlandske kold- og varme-faser. Kolde faser

svarer til stærke El Niño-forhold, øget varians af ENSO og forskydning af El Niños (La

Niñas) mod øst (vest). Den ENSO-lignende modus er korreleret med lufttryksanoma-

lier over Labradorhavet. En anden præindustriel kørsel viser den samme modus med

hundredårssvingninger, men uden klimaskifte i Grønland, hvilket tyder på at hundredårs-

klimavariationen har sin oprindelse i troperne.

På den sydlige halvkugle er de eneste større ændringer, der står i sammenhæng med

de grønlandske nedkølings- og opvarmingsfaser, lufttryks-anomalier af modsat fase over

Weddellhavet og Rosshavet. Vi undersøger hvorfor der ingen stærk kobling er mellem

den nord- og sydlige halvkugle. Vi viser at den øgede CO2-koncentration i atmosfæren –

som optræder under de kolde Dansgaard-Oeschger-faser – fører til en stærkere respons i

temperaturen på den sydlige halvkugle. Ændringer i sne-akkumulation mellem de grøn-

landske varme og kolde faser har samme mønster og størrelse som under orbitale æn-

dringer. Dette tyder på at intern klimavariabilitet kan begunstige begyndelse af istider,

selvom de orbitale betingelser ikke er optimale efter Milankovićs teori.

Vi diskuterer mulige effekter af de glaciale randbetingelser for klimaforandringerne.
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1 Introduction

Abrupt climate transitions occurring in the North Atlantic (NA) region and in particu-

lar in Greenland during the last glacial period, spanning the period from about 120,000

to 12,000 years ago, are well documented in various climate proxy archives, the most

frequent ones being Dansgaard-Oeschger events (D-O events, Dansgaard et al. (1993)).

D-O events are associated with global scale climate changes of full glacial-interglacial

amplitudes. The northern hemisphere (NH) high latitude temperature changes are char-

acterised by a sawtooth shape, consisting of an abrupt warming and subsequent grad-

ual cooling. Southern hemisphere (SH) temperature changes are gradual, symmetric and

anti-correlated with the NH temperature changes. In the tropics D-O events manifest as

changes in the monsoon strength and shifts in the Intertropical Convergence Zone (ITCZ).

we present in this thesis evidence for centennial scale internal climate variability in a pre-

industrial control simulation (CONT) of the Community Climate System Model Version

4 (CCSM4) that features several characteristics of D-O events. Motivated by these model

results we raise the following question:

Can internal climate variability account for the observed millennial scale climate changes

during the last glacial?

The NA climate changes in CONT involve the subpolar gyre (SPG) circulation, sea

ice-atmosphere interactions in the Labrador Sea (LS) and cessation of deep water convec-

tion. Chapter 2 is identical to the manuscript “Stochastic Atmospheric Forcing as a Cause

of Greenland Climate Transitions”, published in the Journal of Climate, 28, 7741-7763

(Kleppin et al., 2015). Except for the introduction, which is embedded in a slightly mod-

ified version in the general introduction (Chapter 1). The tropical Pacific climate changes

are associated with dominant El-Niño-like conditions during NA cold phases, involving

changes in the hydrological cycle and enhanced ENSO variability. We suggest that the

centennial scale climate variability in CONT originates in the tropics (Chapter 3). In

the SH, we find no significant centennial scale temperature changes. We review possi-

ble ocean and atmosphere pathways of inter-hemispheric coupling and discuss why they
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1. Introduction

fail in CONT. Furthermore, it is shown that an increase in atmospheric CO2 - as recon-

structed for D-O events - improves the SH temperature response to NA cooling (Chapter

4). In Chapter 5 we show that net snow accumulation changes associated with the NA

cold phases are comparable in pattern and magnitude to those induced by changed orbital

conditions. Implications for a glacial inception scenario are discussed.

Three feedback mechanisms are identified in this study:

• SPG circulation -LS deep water convection- salinity feedback

• LS sea ice -atmosphere feedback

• interaction of tropical mean climate anomalies and ENSO variability

They are essential in particular for the high amplitude changes simulated in the NA re-

gion and sensitive to the mean background climate. Thus, two key-questions should be

addressed by further research in order to determine, whether the proposed mechanism is

a realistic scenario for contributing to millennial scale climate variability during the last

glacial.

(1) Can the proposed mechanism work as well under different

boundary conditions? Can different boundary conditions

possibly lengthen the time scales or amplify the magnitude of

changes?

(2) Can the centennial scale climate variability in CONT

apply in the real world?

These questions are discussed in Chapter 6 and we conclude, with the constraint of the

aforementioned background climate and model dependency, that internal climate variabil-

ity can account for several important aspects of millennial scale climate variability.

The remaining Introduction is structured as follows.

In Sec. 1.1 we summarize the observational evidence for NA millennial scale climate

variability and review dynamics that are suggested to explain D-O events. We emphasize

the potential role of internal climate variability (Sec. 1.1.2). This is followed by a sum-

mary of tropical millennial scale hydrological changes in Sec. 1.2.1 and in Sec. 1.2.2

2



1.1. North Atlantic millennial scale climate variability during the last glacial

hypotheses regarding a potential role for tropical dynamics in triggering millennial scale

climate variability are presented. An overview of SH millennial scale climate variabil-

ity is given in Sec. 1.3.1, and a brief review of inter-hemispheric coupling theories in

Sec. 1.3.2. A summary of the most recent developments in relative timing between trop-

ical, SH and NH millennial scale climate variability completes the introduction (Sec. 1.4).

1.1 North Atlantic millennial scale climate variability during the last
glacial

1.1.1 Observations

D-O events feature a distinct pattern of abrupt warming of 8 to 16 ◦C (e.g., Landais

and Coauthors (2004), Huber and Coauthors (2006)) followed by gradual cooling of the

same amplitude, completing a so called D-O cycle. The cold and warm phases are called

Greenland stadials (GSs) and Greenland interstadials (GIs), respectively (Fig. 1.1 (a)). D-

O cycles occur most frequently in Marine Isotope Stage 3 (MIS3) and are also associated

with a reorganization in atmospheric circulation as inferred from various dust and deu-

terium excess measurements of Greenland ice cores (e.g., Steffensen et al. (2008)). Con-

sistent with warming during Greenland interstadials, snow accumulation rate is 50-100%

increased relative to stadials (Andersen et al., 2006). D-O cycles coincide with changes

in the tropics and large parts of the northern hemisphere (an overview of paleo-climatic

proxies indicating coinciding shifts with Greenland temperature can be found in Rahm-

storf (2002), Seager and Battisti (2007) and Clement and Peterson (2008)). Antarctic

temperature changes are gradual and in antiphase with Greenland temperature (Barbante

et al., 2006).

Interestingly, there is also evidence for abrupt warmings at Greenland in the instrumental

record, although they are smaller in amplitude: around 1920 a warming of about 4◦C at

several meteorological stations at Greenland is reported by Cappelen (2013). The warm-

ing lasted over a decade and was followed by a slight cooling until the mid-eighties.

Furthermore Bond et al. (1997) suggest “mini-D-O events ” during the Holocene based

on ice rafted debris (IRD) changes in two marine sediment cores from the NA (Bond-

events). These align with geochemical composition changes in the Greenland Ice Sheet

Project 2 ice core, indicating atmospheric circulation changes over Greenland (O’Brien,

1995).

It has been often suggested, that Holocene climate is stable and that the underlying dy-

namics of D-O events thus require the presence of ice sheets (or glacial boundary condi-

3



1. Introduction

tions, e.g., Wunsch (2006)). However, another possibility is that the underlying dynamics

of Holocene and last glacial climate variability are the same, but the amplitude and time

scale are dependent on boundary conditions.

Figure 1.1.: (a) δ18O variations during D-O cycles, spanning the period from 57 to 29 kyrs before

1950, from the North Greenland Ice Sheet Project (NGRIP) ice core. (b) The corresponding

temperature changes for Antarctic Isotope Maximum events, both kindly provided by Dr. Joel

Pedro.

1.1.2 State-of-art hypothesis for D-O events

Early hypotheses trying to explain D-O cycles were based on an abrupt shutdown of the

Atlantic Meridional Overturning Circulation (AMOC), initiated by fresh water input into

the NA (e.g., Broecker et al. (1990)), although the cooling phase of D-O cycles is not nec-

essarily abrupt. More recent model studies revealed that the amount of fresh water neces-

sary to slow down the AMOC sufficiently to produce temperature changes at Greenland

comparable to D-O cycles depends on model details (Kageyama et al. (2013), Manabe

and Stouffer (1999), Dijkstra (2007)), as well as on the location of the freshwater forcing

(Mignot et al., 2007) and its timing (Bethke et al., 2012). Bethke et al. (2012) demon-

strate that different models produce a wide range of outcomes for the deglaciation, given

the same forcing. Furthermore, the evidence for freshwater input into the NA during D-O

4



1.1. North Atlantic millennial scale climate variability during the last glacial

cycles is still subject to discussion. Based on sea level reconstructions from the Red Sea,

Arz et al. (2007) suggest up to 25 ±12 m global sea level rise at the onset of Greenland

interstadials. On the other hand Siddall et al. (2003) and Rohling et al. (2008) suggest an

increase of sea level of 30 ±12 m during GSs.

Other mechanisms invoked to play a role in centennial to millennial scale AMOC vari-

ability and possibly in the dynamics behind D-O cycles are salt oscillators of the NA.

Jackson and Vellinga (2013) find a salt-oscillator due to interaction of tropical salinity

anomalies (induced by a southward (northward) Inter Tropical Convergence Zone (ITCZ)

shift associated with AMOC weakening (strengthening)), and subpolar salinity anomalies

due to decadal fluctuations of freshwater export through the Fram Strait. Peltier and Vet-

toretti (2014) find, by decreasing diapycnal diffusivity in a model simulation, that a salt

oscillator of the glacial NA causes D-O-like temperature changes and AMOC variability.

However, this contrasts with recent findings that suggest vertical diffusivities were larger

by a factor of 3 during Last Glacial Maximum (LGM) compared to pre-industrial climate

(Schmittner et al., 2015). Furthermore, evidence for AMOC shut down during D-O cy-

cles is ambiguous. A recent study finds instead that a strong AMOC prevailed during most

parts of the last glacial period and shut down of the AMOC occurred only during Heinrich

events close to LGM (Böhm et al., 2015). Similarly, Lynch-Stieglitz et al. (2014) find that

there was little change in AMOC in association with Heinrich events 2 and 3, suggesting

that the AMOC was already in a weak state previous to the onset of these Heinrich events.

However, low latitude climate changes are observed during all Greenland cooling events,

which leads the authors to suggest that said climate changes are not directly linked to

AMOC variations.

Some of the more recent hypotheses trying to explain D-O events invoke sea ice - atmo-

sphere interactions. Li et al. (2005) find that a reduction of NA sea-ice extent can cause

a climatic response consistent with D-O event signals of temperature and accumulation

measured from Greenland ice cores. The authors point out, that in addition to the well

known ice-albedo feedback, sea ice strongly influences regional air temperatures by in-

sulating the atmosphere from the ocean heat reservoir. The possibility of “switching the

ocean-atmosphere heat exchange off” due to extensive sea ice cover provides a plausible

mechanism for abrupt and large local temperature changes, even though the initial forcing

might be relatively small. Far-field signals and ocean-atmosphere feedbacks are not rep-

resented in their study, due to prescribed sea surface temperatures (SST) and an inactive

ocean component. In their study the mechanism causing the displacement of the sea ice

edge remains unexplored. Li et al. (2010) extends this by implementing more realistic sea

ice retreat scenarios. They find that the displacement of the sea ice edge in the Nordic

5



1. Introduction

Seas causes a 10 ◦C warming and 50 % increase in snow accumulation at Greenland sum-

mit, whereas sea ice changes in the western NA have less effect.

Rasmussen and Thomsen (2004) find a subsurface warming during GSs based on the anal-

ysis of eight marine sediment cores taken from the Nordic Seas and the NA. A new high

resolution sediment core from the Nordic Seas confirms this subsurface warming (Dokken

et al., 2013). They suggest a sequence of events that could explain a sudden melt of sea

ice. In combination with the results of Li et al. (2005) this provides a possible mechanism

for D-O events. During the stadial phase warm Atlantic inflow is separated from surface

and sea ice by a strong halocline, allowing for an extensive ice cover to persist. The mech-

anism proposed to initiate the abrupt melting involves a slow subsurface warming during

stadials due to the separation of the warm Atlantic inflow from the surface. Eventually

this subsurface warming destabilises the water column, the halocline collapses and warm

subsurface water is reaching the surface and melting the sea ice (e.g., Dokken et al. (2013)

and Kim et al. (2012)). Other hypothesis invoke ice sheet height variations as a trigger of

D-O events. For instance Zhang et al. (2014) demonstrates that by varying the height of

the Laurentide ice sheet a positive ocean-atmosphere-sea ice feedback is initiated eventu-

ally leading to D-O-like climate shifts.

Studying the climate response to highly idealised scenarios of prescribed external forcing

(e.g., freshwater-hosing experiments, prescribing sea ice cover or ice sheet changes) gives

insight into the particular process and helps to determine its potential influence on Green-

land temperatures. However, the origin of the prescribed external forcing remains unclear.

To our knowledge there are only five examples of abrupt climate changes arising spon-

taneously in coupled climate models, i.e., without having been triggered by variations in

external forcing. Hall and Stouffer (2001) describe a cooling event around Greenland in

a fully coupled climate model with coarse resolution. The event lasts for a period of only

30-40 years and is caused by a persistent northwesterly wind anomaly transporting cold

and fresh water into the NA and causing a shutdown of deep water convection. Goosse

et al. (2002) describe cooling events occurring in an Earth System Model of Intermediate

Complexity (EMIC). The cold events are attributed to a displacement of the oceanic deep

water convection sites to a more southern location. Just as in Hall and Stouffer (2001)

the shut down of deep water convection is induced by stochastic atmospheric forcing, but

in addition Goosse et al. (2002) demonstrate that such an event could also be triggered

by appropriate changes in solar irradiance. The remaining three examples of spontaneous

climate transitions occur in state-of-the-art fully coupled climate models. Sidorenko et al.

(2014) report several events of sudden decrease of deep water convection and increase of

LS ice extent. The mechanism behind them is not studied in detail, but the authors at-
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1.2. The role of the tropics in global climate variability

tribute them to anomalously saline and warm water inflow into the deep LS. The anoma-

lous light deep water weakens the SPG circulation causing a change in the upper-LS fresh

water budget. The warm and saline bias in the deep NA is mainly attributed to overly

strong surface winds in the subtropical NA, modifying the path of Gibraltar Strait out-

flow in the NA. Martin et al. (2014) report on centennial-scale variability of the AMOC

and other changes in the NA (e.g., SPG strength and NA heat content) driven by South-

ern Ocean deep water convection variability. The signal transmission to the NA occurs

through an enhanced meridional density gradient between deep (below 1200 m) NA and

South Atlantic and a compensation of Antarctic Bottom Water (AABW) by increased NA

deep water extent. Drijfhout et al. (2013) describe a spontaneous cold event with a du-

ration of about 100 years. The authors attribute the cold event to a period of anomalous

high atmospheric blocking above the eastern subpolar gyre. The blocking causes the sea

ice edge to progress farther south in the Greenland Sea and eventually excites a cold core

high pressure anomaly at the south western tip of Greenland. The anomalous anticyclone

advects cold air through enhanced northerly winds to the sea ice edge, causing the sea

ice extent to grow even farther. Additional sea ice is transported southwards by ocean

currents and causes a fresh surface anomaly in the LS. As a consequence deep water con-

vection shuts off and due to longer exposure of the ocean surface to the atmosphere sea

ice growth commences, reinforcing the atmospheric anomaly. The anticyclonic anomaly,

now centered above the LS, causes a change from northerly to more southerly winds, ad-

vecting warm air, melting the sea ice and returning the system to normal.

1.2 The role of the tropics in global climate variability

1.2.1 Observational evidence for tropical millennial scale climate vari-
ability

There exist a variety of paleo-proxy records that suggest significant changes in the global

tropics in tandem with the above described NA changes. They suggest global scale re-

arrangements in the atmospheric circulation and associated hydrological changes. We

review in the following some of the existing evidence for

• ITCZ shifts

• global monsoon changes

• changes to ENSO and equatorial Pacific climate

7



1. Introduction

In the second part of this Section, we summarize existing hypotheses on how the trop-

ics could play an active rather than a passive role in millennial scale climate variability.

Motivated by two studies, we hypothesize that a mode of ENSO-like variability, charac-

terised by an east-west displacement of SST anomalies and changes in ENSO amplitude,

can account for the model results presented in Chapter 3.

1.2.1.1 ITCZ shifts

A southward migration of the Atlantic ITCZ is observed during GSs. Peterson et al.

(2000) present evidence for changes in sediment reflectance in a sediment core from Cari-

aco basin (off the coast of Venezuela), that are interpreted as changes in the amount of

terrestrial sediments brought into the basin by rivers. The reconstructed amount of terres-

trial sediments carried into Cariaco Basin reflects changes in the precipitation-evaporation

balance north of the Amazon Basin. The authors suggest that GSs are associated with

decreased precipitation in northern South America, probably as a consequence of a south-

ward migration of the Atlantic ITCZ. This is further supported by an analysis of speleothems,

indicating wetter conditions during GSs in north eastern Brazil (Wang et al., 2004). The

authors further find that the southward migration of the Atlantic ITCZ occurs simul-

taneous with a weakening of the East Asian summer monsoon, documented by Wang

et al. (2001) (see next section), suggesting a rapid and global scale change of the ocean-

atmosphere system in association with D-O events.

ITCZ migration to the warmer hemisphere is a consequence of angular momentum con-

servation of the rising branch of the Hadley cell (Lindzen and Hou, 1988). The altered

Hadley circulation allows further for increased atmospheric heat transport into the colder

hemisphere (Chiang and Bitz, 2005). Support also comes from modelling studies. The

southward migration of the Atlantic ITCZ is a robust response in a variety of climate

models to strong NA cooling, either linked to LGM boundary conditions, fresh water

hosing or sea ice anomalies (e.g., Chiang et al. (2003); Braconnot et al. (2007); Zhang

and Delworth (2005); Dong and Sutton (2002); Chiang and Bitz (2005)) and is estimated

to occur within 2 years (Chiang et al., 2008). At present the ITCZ migration in association

with D-O cycles is considered to arise from NA cooling. However, a southward migration

of the Atlantic ITCZ can also be caused or amplified by South Atlantic warming (e.g.,

Cvijanovic et al. (2013)). Alternatively, Peterson et al. (2000) suggests that the south-

ward ITCZ migration in South America could also be the consequence of tropical Pacific

convection changes. During present El Niño events the SST pattern in the tropical Pa-

cific becomes more equatorial symmetric, resulting in a southward migration of the ITCZ

in the Pacific (Rasmusson and Carpenter, 1982; Fedorov and Philander, 2000; Peterson
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et al., 2000).

Additionally a southward migration of the ITCZ provides a plausible mechanism by

which a NH cooling signal can be fast propagated to the southern Hemisphere ((Chiang

et al., 2008; Lee et al., 2011), see Sec. 1.3.2).

1.2.1.2 Monsoonal changes and the Global Paleo Monsoon System

The variations in monsoon strength of the different monsoonal systems (the most im-

portant ones being the East Asian summer monsoon (EASM), Indian summer monsoon

(ISM), South American summer monsoon (SASM) and African monsoon) are proposed

to be a manifestation of global scale seasonal changes in atmospheric overturning (Tren-

berth et al., 2000). These changes are characterized by a reversal of surface winds and a

shift in the rain belts, associated with the seasonal migration of the ITCZ and changes of

the land-sea temperature contrast. Cheng et al. (2012) proposes that millennial and orbital

scale variability in the different paleo-monsoon systems should also be considered as a re-

sponse to global scale seasonal differences, rather than as regional circulation anomalies

(the global paleo monsoon).

δ18O variations of speleothem calcite, recording precipitation changes on local (ISM; e.g.,

Burns et al. (1998); Shakun et al. (2007)) to regional scales (EASM; Cheng et al. (2006)),

are widely used as an indicator of variations in the paleo monsoon system. δ18O variations

of speleothem calcite in the EASM domain feature a precessional signal, reflecting the

change in ratio between summer and winter precipitation (Wang et al., 2001). Seasonal

changes in δ18O of precipitation reaching eastern Asia are anti-correlated with summer

monsoon intensity since enhanced atmospheric circulation brings moisture from more

distant sources. Through a larger fractionation during the longer moisture transport tra-

jectory the δ18O of precipitation reaching eastern Asia is less enriched (Yuan et al., 2004;

Cheng et al., 2012).

Modelling studies further support the interpretation of δ18O speleothem calcite variations

in the EASM domain as changes in the overall Asian summer monsoon intensity (includ-

ing the ISM domain, Pausata et al. (2011)). In the SASM domain variations of δ18O in

speleothems are mainly interpreted as a change of moisture originating from the Pacific

or the Atlantic (Cruz et al., 2005; Wang et al., 2006). A strengthened SASM is linked to

enhanced transport of Pacific moisture, associated with low δ18O of precipitation, towards

south eastern Brazil.

Periods of strong ASM occur during GIs (e.g., Wang et al. (2001); Cheng et al. (2006);

Burns et al. (1998)) and are anti-correlated to changes in SASM (e.g., Cruz et al. (2005);

Wang et al. (2004)). This interhemispheric anti-correlation is likely a result of the afore-
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mentioned meridional migration of the ITCZ.

Cheng et al. (2012) suggest further that complex changes in the Walker circulation (e.g.,

through changes in ENSO or deep monsoonal convection) may have occurred during the

GI-1 to GS-1 transition. This suggestion is based on the discrepancy between equatorial

Asian (Griffiths et al., 2009; Partin et al., 2007) and equatorial American (Van Breukelen

et al., 2008; Cruz et al., 2009) δ18O speleothem records. The former two are located in

opposite hemispheres and positively correlated, whereas the latter two are located in the

same hemisphere and negatively correlated.

Cheng et al. (2012) and Wang et al. (2001) among others find that the changes in monsoon

intensity are conform with a NH trigger. However, substantial contributions to the changes

in EASM strength from SH climate changes are suggested by Rohling et al. (2009).

1.2.1.3 El Niño-like conditions during Greenland stadials

Several reconstructions suggest changes in ENSO variability and the mean climate state of

the equatorial Pacific, in association with D-O cycles. However, We are aware of only few

reconstructions of ENSO variability on millennial scales during the last glacial. Changes

in ENSO variability during the Holocene are better documented, but information from

different paleo-proxies are partially conflicting (e.g., Karamperidou et al. (2015)). Thus

the studies summarized in the following need to be confirmed by further reconstructions.

Stott et al. (2002) analyse magnesium/calcium composition and δ18O of planctonic foraminifera,

which show that GSs are correlated with decreased salinity in the west Pacific warm pool

(WPWP), likely the result of precipitation changes associated with dominant El Niño-like

conditions. The authors further suggest that dominant El Niño-like conditions could ac-

count for many reconstructed changes that are linked to D-O cycles, as for example lower

atmospheric CH4 concentrations during GSs. Koutavas et al. (2002) also find El Niño-like

conditions during past cold NA events over the past 30 kyrs, based on magnesium/calcium

compositions of foraminifera in sediment cores from the eastern Pacific cold tongue re-

gion. Sadekov et al. (2013) find that over the past 22 kyrs increased zonal SST gradients

during the (warm) early Holocene are associated with decreased ENSO variability, while

the opposite is true for the (cold) deglaciation. This is contrary to the findings of Tudhope

et al. (2001), who suggest, based on δ18O of fossil corals from the WPWP area, decreased

ENSO variability during past cold and warm intervals relative to present day. The authors

further attribute the decreased ENSO variability to the cold glacial conditions and preces-

sional forcing.

The low ENSO activity during the early Holocene, however, is supported by the recon-

struction of Moy et al. (2002), who further find millennial scale variability in ENSO vari-
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ance (on top of the orbital induced trends) that are possibly linked to Bond events (Bond

et al., 1997). The authors suggest that cold NA Bond events tend to occur immediately

after a transition from intervals of high to low ENSO variability.

Dominant El Niño-like conditions can explain several of the changes around the globe

that are associated with D-O events. For example, decreased convective heating over the

western Pacific in association with El Niño-like conditions can weaken the ISM (Lau and

Nath, 2000). In addition a southward migration of the Pacific ITCZ can be the result of

more equatorial symmetric SST pattern during El Niño-like conditions (Peterson et al.,

2000). El Niño-like conditions imply decreased upwelling in the eastern equatorial Pa-

cific and hence decrease the flux of CO2 into the atmosphere (Stott et al., 2002; Feely

et al., 1999). Tropical soil CH4 emissions are effected by changes in the strength and

structure of tropical convection systems, both associated with ENSO variability and mon-

soonal changes and could therefore amplify millennial-scale climate changes (Stott et al.,

2002; Ivanochko et al., 2005).

However, under present day conditions the impact of ENSO variability itself in the NA

is too minor to explain D-O events and a process that could amplify NA changes in re-

sponse to ENSO variability has yet to be identified. It is conceivable that a change of the

mean tropical climate has different impacts than interannual ENSO variability. The mod-

elling results of Barreiro et al. (2006) show that tropospheric net vapour content increases

significantly, when forcing an atmospheric GCM with tropical Pacific SSTs that have

no longitudinal variations. The increased vapour content increases surface temperature

and causes an amplified warming over northern America, with a maximum amplitude at

∼ 50◦N of 6◦C compared to a present day control simulation. It should be noted however,

that Barreiro et al. (2006)’s study aimed at studying atmospheric circulation anomalies

associated with the early and mid-Pliocene (5 to 3 million years ago), and for the last

glacial period only weakened zonal gradients are consistent with reconstructions.

1.2.2 Potential role of the tropical climate system in triggering D-O
events

The idea that the tropics could play an active role in past abrupt climate changes comes

from several considerations. However, this ideas have been mainly explored hypotheti-

cally and not yet been tested.

Firstly, as pointed out by Seager and Battisti (2007), tropical hydrological changes be-
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tween GSs and GIs have full glacial-interglacial amplitudes. Thus the signal of millennial

scale climate variability is not muted, when moving away from the NA.

Secondly, energy budget considerations suggest at least an amplifying role of the trop-

ics in millennial scale climate variability (Clement and Peterson (2008) and references

therein): Radiative energy gain occurs in the tropics and is exported from here to the

extra-tropics. The amount of energy available for export is dependent on the outgoing

longwave radiation that is decreased by higher water vapour content. Thus changes in the

tropics that alter the water vapour content, through for example surface warming or cool-

ing, provide a strong positive feedback and could lead to synchronous cooling or warming

of the globe as a whole. Vavrus et al. (2006) suggest a mechanism by which slowly in-

creasing atmospheric CO2 concentrations can lead to rapid warming after tropical deep

convection reaches a certain amplitude. Cloud and water vapour feedbacks are essential

to their mechanism and depend to some extent on cloud parameterizations, which are gen-

erally one of the largest uncertainties in climate models (e.g., Chapter 7 of Stocker et al.

(2013)).

Effects of tropical Pacific SST changes on NA atmosphere and ocean changes

Under present day conditions the tropical SST variability plays an important role in

driving long-term atmospheric circulation changes in the NA. A recent study by Ding

et al. (2014) shows that the warming trend during the last three decades in eastern Canada,

the Baffin Bay area and parts of Greenland is associated with distinct geopotential height

anomalies (∼ 15 m) over the same area. The geopotential height anomalies are the re-

sult of anomalous Rossby wave activity in response to Pacific SST trends. Furthermore,

Hurrell et al. (2004) attribute the big share of NAO trends since the 1950ies to tropical

forcing, based on the results of a multi-model ensemble forced with observed tropical

SSTs.

Also, under LGM boundary conditions tropical Pacific SST pattern have been shown

to play a major role in forcing NA atmospheric circulation anomalies. Yin and Battisti

(2001) find that differences in tropical SST pattern result in large geopotential height

anomalies (O(300 m) at 500 hPa (their Figure 3a)) in the northern mid- to high latitudes.

The changes are most pronounced during winter and are associated with surface tempera-

ture changes in the area of the Fennoscandian and Laurentide ice sheets by more than 8◦C

(with opposite signs for the two areas). This alters the mass balance of the ice sheets con-

siderably. The spatial pattern of tropical SSTs is found to be very important. In fact, the

authors find that a uniform cooling of tropical SSTs by 3◦C effects the NH atmospheric

circulation less, than a 1◦C mean decrease together with a non-uniform pattern of SST

12



1.2. The role of the tropics in global climate variability

cooling in the tropics. Yin and Battisti (2001) suggest furthermore that the mechanism

connecting the NH atmospheric circulation changes and the tropical Pacific SST changes

can be explained by the effect of tropical convection changes on the subtropical circulation

by interacting with transients. Decreased (increased) tropical convection causes cyclonic

(anticyclonic) anomalies poleward of the convection regions. The associated changes in

upper level zonal winds then affect Rossby wave propagation.

Seager and Battisti (2007) advance the hypothesis that small changes in tropical heat-

ing can cause a change between two possible states of the subtropical jets, with important

impacts for atmospheric heat transport in the NA:

Lee and Kim (2003) suggest that the northern hemisphere subtropical and polar front

jets are dynamically different. The existence of the subtropical jet follows from angular

momentum conservation of the poleward flow of the Hadley cell (Held and Hou, 1980),

whereas the polar jet is characterised as an eddy-generated jet (Lee and Kim, 2003). As

Seager and Battisti (2007) point out, this is an idealized scenario and in reality both jets

are characterised by the interaction of eddies and thermal wind balance. Lee and Kim

(2003) demonstrate that strong tropical heating causes a strong Atlantic subtropical jet,

eventually resulting in one merged jet, due to the strengthened temperature gradients and

the associated eddy activity. Under certain conditions of tropical heating (or northern

hemisphere cooling) a small change in tropical heating can lead to mergence and de-

mergence of the two jets (Lee and Kim, 2003; Son and Lee, 2005). This would in turn

reorient the NA storm-track and thus provide a plausible mechanism by which tropical

heating changes could abruptly regulate the atmospheric heat transport brought into the

northern parts of the NA. Furthermore, it could effect the gyre circulation and eventually

deep water formation, through the associated wind stress changes (Seager and Battisti,

2007).

Furthermore ENSO-like variability can influence the strength of the AMOC through dif-

ferences in moisture transport between the Atlantic and the Pacific. Resulting salinity

anomalies in the tropical surface Atlantic are advected downstream into the deep water

formation sites, causing enhanced/decreased convection there and hence alter one of the

key drivers of the AMOC (e.g., (Latif, 2001; Schmittner et al., 2000; Latif, 2003)).

Abruptness
The abruptness that characterises the warming transition between one GS into a GI fol-

lowed by gradual cooling is among the major aspects that any theory for D-O events

should be able to explain. Abruptness in the tropics has been proposed to arise as a re-
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sponse to slowly varying external forcing, either through nonlinear interaction with ENSO

variability or through thresholds in tropical convection and the super greenhouse effect

(Clement et al. (2001); Vavrus et al. (2006), respectively).

Clement et al. (2001) identify a mechanism by which slowly varying orbital forcing can

abruptly alter ENSO behaviour and thus can give rise to abrupt millennial scale climate

variability on a global scale. Using a Zebiak and Cane (ZC, Zebiak and Cane (1987))

model they demonstrate that under certain orbital conditions - and when ENSO transitions

from one dominant period regime to an other - ENSO variability can lock completely to

the annual forcing. This complete phase lock of ENSO (annual Niño 3.4 SST anomalies

do not exceed 0.5 ◦C for a minimum of 5 years) lasts for several centuries. It is argued

that changes in the seasonality - dominated by the precession cycle - produce the two very

different modes of ENSO variability, associated with different amplitudes, periods and ir-

regularity of ENSO. Clement et al. (2001) identified a La Niña-like pattern in SST as the

response to the phase lock events. The periods of completely muted ENSO variability

reoccur after half a precession cycle (∼ 11 kyrs) and it should be noted that such a pacing

of D-O events is not observed. This mechanism is supported by the results from a coupled

GCM simulation (Timmermann et al., 2007). The authors suggest that when the seasonal

cycle is strong, ENSO variability locks in phase to the frequency of the forcing (i.e., the

seasonal cycle).

The recent shift in ENSO properties (e.g., Zhang et al. (1997); Fedorov and Philander

(2000); Wang and An (2002)) in the late 1970ies might be an indication that abrupt

changes in the tropics can also arise through internal dynamics. However, the cause of

this shift is still matter of debate and for example Fedorov and Philander (2000) con-

clude that the shift could be the result of decadal background climate variations, random

perturbances and even a contribution of global warming cannot be excluded.

1.2.2.1 ENSO amplitude modulation and east-west displacement of ENSO activity

In particular during the mid-Holocene paleo-proxies from the eastern Pacific disagree

with proxies from the central to western Pacific on the amplitude of decreased ENSO vari-

ability (Karamperidou et al., 2015). The authors suggest that a shift between dominant

east Pacific (EP) and central Pacific (CP) ENSO flavours could resolve this conflicting

information. Teleconnections differ distinctly between CP and EP ENSO variability (e.g.,

Ashok et al. (2007), Wang et al. (2012)) and it seems thus likely that paleo-proxies record

EP and CP ENSO flavours differently, depending on their location (Wang et al., 2012;

Karamperidou et al., 2015). Altered teleconnections are even observed in the NA, that

is an increased frequency of tropical north Atlantic cyclones in association with the CP
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ENSO flavour (Kim et al., 2009).

The frequency of CP ENSO events might have increased over the past decades (e.g., Giese

and Ray (2011); Lee and McPhaden (2010)) and could be related to the aforementioned

major shift in other ENSO properties (amplitude, period) and mean climate changes in

the tropical Pacific (e.g., Fedorov and Philander (2000)). Plenty of mechanism have been

invoked to explain the two distinct ENSO flavours and it is beyond the scope of this study

to explore these theories. In particular since there is even still debate on whether CP and

EP El Niño events are indeed a different phenomena (Takahashi et al., 2011). The reader

is referred to the review by Wang et al. (2012).

However, we elaborate on one theory because it is linked to the centennial scale tropical

changes in CONT (Chapter 3). Timmermann (2003) suggest a mechanism by which an

east-west displacement of ENSO’s center of action could be generated by internal trop-

ical dynamics alone, a mode of decadal ENSO amplitude modulation (DEAM) that is

associated with the second Empirical Orthogonal function (EOF) mode of (sub-) surface

temperature anomalies and is characterised by the same spatial pattern of SST anomalies

as El Niño Modoki (this is one amongst several names for CP types of ENSO, Ashok

et al. (2007)). Timmermann (2003) finds that ENSO variability is strong when El Niño

events are displaced towards the eastern and La Niña events towards the western Pacific.

DEAMs are accompanied by decadal oscillations of a temperature dipole extending from

the surface to depth of about 150 m. A reduction of the thermocline slope and a deepening

of the thermocline in the eastern equatorial Pacific go along with intervals of increased

ENSO variability. The author suggest that the decadal mean climate changes (i.e., ther-

mocline depth anomalies and SSTs) and the variations in ENSO amplitude can not be

separated into cause and effect, but are instead the result of coupled nonlinear dynamics

within the tropical Pacific.

In chapter 3 we demonstrate that in the pre-industrial control run of CCSM4 there is ev-

idence for an east-west displacement of ENSO activity that is correlated with the NA

climate transitions. Based on several indications, we speculate further that the centennial

changes in ENSO behaviour are intrinsic to the tropics and thus not caused by the NA

climate transitions.

1.3 The southern Hemisphere

1.3.1 Observations

The European Programme for Ice Coring in Antarctica (EPICA) Dronning Maud Land

(EDML) ice core is characterised by high accumulation (and hence resolution) compared
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to most other Antarctic sites, owed to its coastal location. The synchronization with the

NGRIP ice core made it possible to relate each D-O event with a corresponding Antarctic

Isotope Maximum (AIM) event. The inferred Antarctic temperature changes are gradual

and in anti-phase with Greenland temperature over a D-O cycle (Barbante et al., 2006). In

Antarctica the magnitude of temperature changes is distinctly lower than in Greenland and

ranges between 1◦C to 3◦C (e.g.,WAIS Divide Project Members et al. (2015) and Fig. 1.1

(b)). The change in Greenland temperature is further highly anti-correlated with the rate

of change of Antarctic temperatures thus also linking the amplitude of GSs to the length

of AIM events (Stocker and Johnsen, 2003; Schmittner et al., 2003). This is consistent

with a simple thermodynamic seesaw concept (see next Sec. 1.3.2). Based on benthic

carbon isotopes and neodymium isotopes from several sediment cores across the South

Atlantic Piotrowski et al. (2008) find that AABW northward extent increases as Antarc-

tica warms and decreases as Antarctica cools. A partial control of SH climate changes

on the AABW extent lead the authors to suggest that rapid switchs between southern and

northern dominated deep ocean ventilation occurred in association with D-O events.

Pedro et al. (2015) compiled 84 terrestrial and marine paleo-records in the SH for the

Antarctic cold reversal (the SH equivalent of the Bølling-Allerød). Strongest cooling

occurs in the South Atlantic sector and globally poleward of 40◦S . The South Atlantic

and Southern Ocean records all show a transition that is unambiguously characterised by

the more gradual cooling associated with Antarctic temperature changes. The terrestrial

records (from 0 − 20◦S ) however are correlated with the abrupt northern Hemisphere cli-

mate changes. The spatial pattern of changes is compared with a transient model simula-

tion with applied fresh water flux in the NA and the Gulf of Mexico, changing greenhouse

gases and orbital configurations (Liu et al., 2009). The said characteristics of terrestrial

and marine reconstructions are reproduced by the model simulations. The authors show

that the increased northward ocean heat transport in the Atlantic, amplified by sea ice

anomalies in the Southern Ocean can account for amplitude and spatial extent of ob-

served changes. The increased ocean heat transport (associated with the recovery of the

AMOC) is found to be only partly compensated by a decreased atmospheric heat trans-

port (contrary to suggestions by e.g., Wunsch (2006)). However, the decreased northward

heat transport of the atmosphere is responsible for the terrestrial hydrology changes, that

are characterised by the fast and abrupt northern Hemisphere changes (through an ad-

justment of the Hadley circulation). The proxy evidence suggest that both atmospheric

and oceanic heat transport anomalies are required to explain SH millennial scale climate

variability (Pedro et al., 2015).
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1.3.2 Bipolar seesaw concepts and their limits

The leading hypotheses explaining the antiphased inter-hemispheric millennial scale cli-

mate changes invoke ocean heat transport changes associated with AMOC variations. we

summarize in this section the two leading hypotheses that relate to the ocean overturning

circulation. In the second part we present a recently suggested interhemispheric coupling

mechanism, relying on atmosphere-surface ocean interaction.

• the “classical“ bipolar seesaw (Crowley, 1992), extended by Stocker and Johnsen

(2003) by adding a SH heat reservoir to account for the different interhemispheric

phasing

• a competition between AABW and North Atlantic Deep Water (NADW) formation

and a seesaw of heat release to the atmosphere between SH and NH, in conjunction

with deep water ventilation in the respective hemisphere (Broecker, 1998)

In the former the southern Hemisphere cooling is a direct consequence of the decreased

northward heat transport, associated with a shut down of the AMOC. When the AMOC

is active, the southern Atlantic is cooled, consistent with observations of a northward

heat transport at 30◦S (e.g., Talley (2003)). A shut down of the AMOC causes directly

a reduced northward heat transport and subsequent warming of the southern Atlantic.

The resulting relationship between SH and NH is an anti-phased 0-lag relationship, con-

trary to reconstructions. Further it cannot account for the different time scales of tran-

sitions in Antarctica and Greenland. To account for these obvious inadequacies Stocker

and Johnsen (2003) construct a thermodynamic bipolar seesaw by coupling the classical

bipolar seesaw model to a Southern Ocean heat reservoir and find improved realism in

the timing of the Greenland-Antarctic temperature seesaw. Stocker and Johnsen (2003);

Schmittner et al. (2003) suggest that the long timescale of SH-NH coupling arises from

the combination of fast signal transmission along the western boundaries in the North At-

lantic by coastal Kelvin waves and an adjustment of the interior by westward propagating

Rossby waves (following the ideas of Kawase (1987)), and a slow thermal adjustment in

the Southern Ocean due to the absence of meridional boundaries.

The southern Atlantic warming in response to AMOC shut down is a common climate

model feature. However, the Antarctic response to fresh water hosing differs distinctly

between the models (Kageyama et al., 2013). It has been argued, that the strong zonal

flow of the Antarctic Circumpolar Current (ACC) acts as a dynamical barrier for signal

transmission from the southern Atlantic to Antarctica (Ferrari and Nikurashin, 2010; Mar-

shall et al., 2006). A hampered signal transmission across the ACC potentially provides
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an explanation for the absence of warming in Antarctica in some of the simulations anal-

ysed by Kageyama et al. (2013). This implies that further investigation is necessary to

determine whether such a bipolar seesaw mechanism was at play in the real world.

In the latter enhanced formation of AABW occurs when NADW formation is reduced.

Radiocarbon ratio reconstructions show a rapid increase during the onset of the Younger

Dryas followed by a gradual decline over the rest of the cold event (Hughen et al., 1998).

The initial increase is interpreted as the response to a shut down of NADW formation,

causing the cooling in the NA. However, temperatures in the NA stayed cold even though

the radiocarbon ratio decreases steadily, suggesting the emergence of a radiocarbon sink

elsewhere.

Based on these observations and on modelling studies by Wright (1996); Mikolajew-

icz (1996); Schiller et al. (1997), showing that radiocarbon sequestration shifts to the

Southern Ocean when the AMOC shuts down, Broecker (1998) suggest a different bipo-

lar seesaw concept that is based on a compensation by enhanced AABW formation when

NADW formation is reduced. This process is hypothesized to work as follows. When

NADW production ceases, downward mixing of heat continues, resulting in less dense

water in the deep ocean. This creates a tendency for dense surface waters in the southern

ocean to sink, simultaneously allowing for heat release to the atmosphere in the Southern

Ocean, causing warming there when Greenland is cold. The radiocarbon trend can then be

explained by sequestration in the Southern Ocean. In this conceptual model NA warming

involves increased heat release from the ocean and NADW production in the north and

Antarctic warming involves increased heat release and production of AABW in the south.

The two above described hypotheses for interhemispheric coupling during D-O events

rely both on a severe reduction of the AMOC. Although several studies suggest that such

weakening of the AMOC occurred (e.g., Kissel et al. (2008); Gottschalk et al. (2015)),

during D-O events, there exist as well several studies drawing the opposite conclusion

(e.g., Böhm et al. (2015); Lynch-Stieglitz et al. (2014)).

1.3.2.1 Atmospheric-surface ocean interhemispheric coupling

Chiang et al. (2014); Lee et al. (2011) propose an atmospheric-surface ocean coupling

mechanism for connecting the two hemispheres. The proposed mechanism is thought to

work in addition to possible deep ocean circulation pathways.

A southward migration of the ITCZ in response to NH cooling weakens the SH Hadley

cell. This results in a weaker south Pacific subtropical jet and consequently the south Pa-

cific split jet weakens, which is associated with more zonally symmetric westerlies. The
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south Pacific subtropical front subsequently moves farther south, resulting in warming

equatorward of its new position. This is consistent with terrestrial paleo-proxies from

these sites that indicate climate changes that are in phase with NH climate changes (Pe-

dro et al., 2015; Chiang et al., 2014). Lee et al. (2011) show further that the weakened

subtropical jet in the Pacific causes an intensification of the eddy-driven SH mid-latitude

westerlies. The strengthened westerlies in turn lead to enhanced northward Ekman trans-

port, which is compensated by enhanced upwelling from depth (Toggweiler and Samuels,

1998). The results of Lee et al. (2011) suggest further that the enhanced Southern Ocean

ventilation can result in increased outgasing of CO2, consistent with reconstructions of

increased upwelling rates in association with increased atmospheric CO2 concentrations

during the last deglaciation (Anderson et al., 2009).

1.3.2.2 Internal centennial scale climate variability in Weddell Sea deep water con-
vection

A series of recent modelling studies by Martin et al. (2013, 2014, 2015) demonstrate that

internal centennial scale variability in open ocean deep convection in the Weddell Sea

impacts the strength of the AMOC. The signal transmission to the NA occurs through an

enhanced meridional density gradient between the deep (below 1200 m) NA and South

Atlantic and a compensation of AABW by increased NADW extent. The changes in

the overturning are accompanied by changes in the NA gyre circulation and temperature

anomalies in both hemispheres. This study shows that, at least on centennial time scales,

a ”Broecker-type“ bipolar seesaw can be initiated in the SH and can arise from internal

dynamics, without relying on external forcing.

1.4 Timing of global changes relative to Greenland stadials and in-
terstadials

A question that arises naturally is whether the relative timing of changes around the globe

can give some information about the cause of D-O events. The relative timing of southern

Hemisphere, tropical and northern Hemisphere millennial scale climate variability is no-

toriously difficult, because of different age models and different uncertainties in timing,

associated with different paleo- proxies. Hence the timing is still subject to discussion.

However, there exist some recent advancements (e.g., Rosen et al. (2014); WAIS Divide

Project Members et al. (2015)) that we briefly summarize in the following.
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1.4.1 Tropics

Methane concentrations - trapped in air bubbles of ice cores - provide a possibility to

compare tropical changes with high-latitude changes, while avoiding different uncertain-

ties in timing. During GIs methane concentration increased by ∼ 200 ppb during ∼ 200

years, distinctly slower than Greenland warming occurred. This time delay could reflect

the response time of ecosystems to abrupt climate changes (Brook et al., 2000).

Rosen et al. (2014) compare methane concentration of the high resolution North Green-

land Eemian (NEEM) Ice core that give information about low-latitude hydrological

changes, with δ15N of N2, which is a measure for Greenland surface temperature. The

authors suggest a lead of Greenland temperature by 4.5+21
−24 years for the Bølling-Allerød.

However, the amount to which changing methane concentrations reflect a tropical signal

is still subject to discussion. At present the most important methane source are tropical

wetlands (Bergamaschi et al., 2009) and some of them are influenced by the Asian mon-

soon systems, that varied together with D-O events (see Sec. 1.2.1.2). During glacial

boundary conditions methane production from boreal sources was probably even further

reduced, due to ice sheets and permafrost in the high latitudes (e.g., Brook et al. (2000)).

However, boreal contributions are in general non-negligible (e.g., Brook et al. (2000);

Chappellaz et al. (1997)). Rosen et al. (2014) estimate a boreal contribution over the

Bølling-Allerød transition of up to ∼ 22%. If boreal methane increases were to precede

those of the tropics, a maximum lag of tropical sources of 40 years behind methane con-

centration in NEEM is estimated.

This is in good agreement with the findings of Steffensen et al. (2008), who suggest a

tropical lead for two Greenland warming transitions by 10 ± 5 years, based on the rela-

tive timing between Ca2+ and dust concentrations and deuterium excess (see Sec. 1.1.1).

However, the findings contrast with previous analysis of methane concentration, suggest-

ing a lag of tropical climate changes behind Greenland temperature changes by 20 to 80

years (e.g., Severinghaus and Brook (1999) also for the Bølling-Allerød transition and

Huber and Coauthors (2006) for D-O events).

1.4.2 Southern Hemisphere

Recent methane based synchronization of the NGRIP ice core and the newly drilled high

resolution West Antarctica Ice Divide (WAIS) ice cores reveal a lead of abrupt Greenland

temperature increase by 218 ± 92 years over Antarctic cooling (in average over a stack

of all D-O events, WAIS Divide Project Members et al. (2015)). A similar lead is found
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1.4. Timing of global changes relative to Greenland stadials and interstadials

for Greenland cooling events. This time scale confirms that ocean dynamics must play an

important role in the interhemispheric coupling of millennial scale climate variability and

supports the classical view of an oceanic bipolar seesaw, associated with major changes

in the AMOC. The authors further argue that this anti-correlation with a 200 year lead of

Greenland temperature suggests a north-south directionality. However, changes in deu-

terium excess in the same ice core occur abrupt and at the same time as Greenland climate

changes (Markle, Pedro, 2015, personal communication). Deuterium excess changes re-

flect source changes of precipitation arriving in Antarctica, suggesting that a global scale

atmospheric reorganization is associated with D-O events and was fast mediated to the

high southern latitudes.

The remaining thesis is structured as follows. In Chapter 2 we focus on the NA cli-

mate changes in CONT. We show that an atmospheric anomaly triggers a switch between

a strong and a weak circulation mode of the SPG. The weak mode is maintained over

centuries through the positive feedback between (a) fresh water convergence into the LS,

deep water convection and circulation strength and (b) a sea ice - and SLP. In Chapter 3

we document changes of the tropical Pacific mean climate, ENSO variance and an east-

west displacement of ENSO activity that covary with the NA phases. Furthermore, we

suggest that the tropical changes are the origin of the centennial scale variability in CONT.

In Chapter 4 we analyse why possible ocean and atmosphere mechanisms do not trigger

any significant temperature changes. We show further that increased atmospheric CO2,

as observed during GSs, improves the SH response. Motivated by the similarity of net

snow accumulation changes between the NA warm and cold phases and orbital induced

changes, we discuss the potential role of internal climate variability for a glacial inception

scenario in Chapter 5. This thesis finishes with a discussion about implications of MIS 3

boundary conditions for the scenario drawn here (Chapter 6).
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2 Stochastic atmospheric forcing as cause for Greenland cli-

mate transitions

Abstract

An unforced simulation of the Community Climate System Model 4 (CCSM4) is found

to have Greenland warming and cooling events that resemble Dansgaard-Oeschger-cycles

in pattern and magnitude. With the caveat that only 3 transitions were available to be

analyzed, we find that the transitions are triggered by stochastic atmospheric forcing. The

atmospheric anomalies change the strength of the subpolar gyre, leading to a change in

Labrador Sea sea-ice concentration and meridional heat transport. The changed climate

state is maintained over centuries through the feedback between sea-ice and sea-level

pressure in the North Atlantic. We discuss indications that the initial atmospheric pressure

anomalies are preceded by precipitation anomalies in the West Pacific warm pool. The

full evolution of the anomalous climate state depends crucially on the climatic background

state.

2.1 Introduction

Here, we document three climate transitions occurring in a 1000 year pre-industrial con-

trol simulation of the Community Climate System Model 4 (CCSM4). These are two

gradual cooling and one abrupt warming event around Greenland. The analysis is fo-

cused on the first cooling event. The atmospheric anomaly during the cold event resem-

bles closely the one described by Drijfhout et al. (2013) (see Sec. 1.1.2). However, the

evolution and hence the cause of the cold NA phase is different. It involves a strong pos-

itive feedback loop of the SPG circulation. The first weakening of the SPG is caused by

decrease in wind stress curl associated with a stochastic atmospheric circulation anomaly.

The decreased gyre circulation changes the salinity transport into the highly sensitive

deep water convection site in the LS, thus reducing deep water convection and eventu-

ally affecting the AMOC. This is followed by an increase of sea ice cover and a drop in

Greenland temperature. The increased sea ice cover itself forces a reorganization of the
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2. Stochastic atmospheric forcing as cause for Greenland climate transitions

atmosphere, thus sustaining the anomalous atmospheric forcing of the gyre circulation for

about 200 years.

The objective of this paper is to identify processes and regions of atmospheric, oceanic

and sea ice interactions that play a key role in the transitions between cold and warm

NA phases and to suggest a consistent sequence of events causing these transitions. In

Section 2.2 we give a brief overview of CCSM4, the set-up of the control simulation and

the different experiments that we carried out. Section 2.3 comprises the results structured

as follows. We describe how the first cold event manifest itself in Greenland, the NA

and globally (Section 2.3.1), followed by a description of the stochastic atmospheric trig-

ger (Section 2.3.2.1), the dynamics of the ocean response and sea ice changes (Section

2.3.2.2) and the atmospheric feedback (Section 2.3.2.3). The sequence of events leading

to the abrupt warming is documented in Section 2.3.3. Finally we assess the dependence

of the proposed mechanism on the particular background climate (Section 2.3.4) and test

the atmospheric trigger in forced ocean simulations (Section 2.3.5). In Section 2.4 we dis-

cuss our main findings and a possible influence of tropical temperature and precipitation

anomalies on NA atmosphere circulation changes. The paper concludes with a summary

in Section 2.5.

2.2 Model

The numerical experiments are performed using CCSM4, which consists of the fully cou-

pled atmosphere, ocean, land and sea ice models. A detailed description of this version

can be found in Gent et al. (2011). The ocean component is POP2 and has a horizontal

resolution that is constant at 1.125◦ in longitude and varies in latitude from 0.27◦ at the

equator to approximately 0.7◦ in high latitudes. In the vertical there are 60 depth levels;

the uppermost layer has a thickness of 10 m, the deepest layer has a thickness of 250 m.

The atmospheric component uses a horizontal resolution of 1.9◦ × 2.25◦ (longitude and

latitude, respectively) with 26 levels in the vertical. The sea ice model shares the same

horizontal grid as the ocean model and the land model is on the same horizontal grid as

the atmospheric model. This setup constitutes the released version of CCSM4, and further

details can be found in Danabasoglu et al. (2012). The subsequent sections will analyze

and compare several different simulations listed in Table 2.1. The simulations are either

conducted with the fully coupled version or the ocean-sea ice version with prescribed at-

mospheric fluxes and river run off. The main focus is on a 1000 year long pre-industrial

control simulation (CONT), in which the earth’s orbital parameters are set to 1990 values

and the atmospheric composition is fixed at its 1850 values (for details of the atmospheric
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2.2. Model

composition see Gent et al. (2011)). For comparison with CONT and as initial condi-

Figure 2.1.: Annual maximum sea ice concentration in the LS (averaged from 65◦ to 45 ◦ W and

50◦ to 70 ◦ W) for CONT (black). Additionally shown are the sea ice concentrations for the

different branch runs (different colors). All curves are smoothed by a 2 year running mean.

tions for some of the experiments described below we make use of an other pre-industrial

control simulation (HI). HI differs from CONT only in the horizontal resolution of the

atmospheric component which is 0.98◦ × 1.258◦. An overview of differences and similar-

ities between CONT and HI is provided by Shields et al. (2012) and discussed in Section

2.3.4.

Danabasoglu et al. (2012) and Danabasoglu et al. (2014) assess the fidelity of the CCSM

ocean module. For CONT in particular we find that the AMOC is well represented at

26.5◦N with a maximum of 18.4 S v at 1000 m, compared to the observed maximum of

18.6 S v, also at 1000 m (Cunningham et al., 2007). The SPG circulation strength (spatial

maximum of about 50 S v) in CONT agrees fairly well with observations by Johns et al.

(1995) and Pickart et al. (2002) of 48 and 40 Sv, respectively.

In a 200 year average over a period prior to the transitions CONT features a cold ( ∼ 2◦C)

and fresh (0.2 psu) bias in the upper 100 m of the western SPG and the LS compared

to temperature (Locarnini et al., 2010) and salinity (Antonov et al., 2010) data from the

World Ocean Atlas 2009 (WOA09). Below the surface the model is too warm and salty

by about 1 ◦C and about 0.3 psu, respectively. In both, WOA09 and CONT maximum

mixed layer depths are during March in the LS with values in excess of 1400 m.
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exp compset atmosphere length [years] starting year starting from additional changes

resolution forcing -

CONT B 2◦ - 1000 - - -

HI B 1◦ - 1300 - - -

LGM B 1◦ - 401 - - -

DO_F B 2◦ - 36 305 CONT -

OI_a G - DO_F year 332/333 11 311 HI -

OI_b, _c, _d G - DO_F year 312/313 30, 21, 13 299, 311, 321 HI -

OI_e, _f G - DO_F year 305/306 13 299, 327 HI, OI_b -

DO_a,_b B 2◦ - 102, 90 299, 321 CONT -

DO_c,_d B 2◦ - 73, 51 561, 581 CONT -

DO_e,_f B 2◦ - 51, 51 401, 899 CONT -

DO_X B 2◦ - 198 1001 CONT -

DO_CO2 B 2◦ - 96 381 CONT increased atmospheric CO2 by 20 ppmv

DO_113k B 2◦ - 201 249 CONT orbital conditions from 113 kyrs BC

DO_71k B 2◦ - 117 249 CONT orbital conditions from 71 kyrs BC

Table 2.1.: Simulations analyzed and conducted for this study. The letter G and B in column compset refer to ocean-sea ice simulations and the fully

coupled version of CESM, respectively. The setup of the different simulations is described in Section 2.2.
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To ensure that the transitions are not caused by any numerical or computational is-

sues several runs branching from CONT were performed to test the reproducibility of the

occurring transitions. The branch runs (DO_a-f in Table 2.1) were started using initial

conditions from CONT at different points in time. The initial conditions are modified by

a random O(ε) perturbation.

The branch runs reproduce the climate transitions (2 warming (DO_c,d) and 3 cooling

(DO_a,b and DO_F) transitions) even though the transitions in the branch runs occur at

different points in time and not always with the same amplitude as in CONT. The an-

nual maximum sea ice concentration in the LS of the original CONT run (black) and

the branch runs (different colors) are depicted in Figure 2.1. The reproducibility of the

climate transitions gives us trust in our findings beyond the lack of statistical analysis

possibility. A 200-year extension (DO_X) of CONT was conducted without any further

transitions occurring, thus the second cold phase last at least 400 years. Possible reasons

for the lack of transitions in DO_X are discussed in Section 2.4. This and the occurrence

of the branch run transitions at different times suggest that a stochastic process triggers a

switch between two climate states. Furthermore the different durations of the cold phases

points to the fact that no particular build up time for any kind of reservoir (e.g., warm

subsurface water) is involved.

To test the proposed role of the stochastic atmospheric trigger, we conducted several

ocean-ice (OI) simulations with different atmospheric forcings (Table 2.1). For this pur-

pose a part of CONT was rerun, saving the atmospheric fluxes at 3 hour intervals (DO_F

run). The OI experiments were started from HI initial conditions and were forced with

annually repeating atmospheric fluxes from DO_F (July to June). The different starting

years and the forcing year from DO_F are listed in Table 2.1. We chose starting years

preceding a rapid sea ice increase in DO_F for experiments with transitions from a warm

to a cold NA phase (OI_a-d). Year 305/306 in DO_F precedes a rapid sea ice decrease

and is utilized to reproduce the warming transition (OI_e and OI_f).

2.3 Results

2.3.1 Sequence of events

The pre-industrial control simulation analyzed here features abrupt surface temperature

changes in Greenland and in the whole northern hemisphere. In the entire simulation

three transitions between warm and cold NA phases occur (Figure 2.2 (a)). Hereafter we

refer to the first warm NA phase (year 50 to 250, as indicated in Figure 2.2) as NA_w1
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2. Stochastic atmospheric forcing as cause for Greenland climate transitions

and to the first cold NA phase (year 350 to 550) as NA_c1. Over the first transition (first

red line in Figure 2.2) the annual mean Greenland temperature decreases gradually by

approximately 3 ◦C (averaged over Greenland (55 to 15◦W and 65 to 80◦N)). This is

followed by an abrupt warming of about the same amplitude over the second transition

(second red line in Figure 2.2). At the south-west coast of Greenland temperature changes

are more than three times that value.

Figure 2.2.: (a) Greenland annual minimum surface temperature [◦C] averaged from 55 ◦ to 15◦W

and 65◦ to 80◦N. (b) Annual maximum of sea ice concentration in the LS (as in Fig. 2.1). The

different phases of interest are indicated on top, NA_w1 is the period from year 50 to year 250 and

NA_c1 from year 350 to 550. The transition between different warm and cold phases, based on

Greenland temperature changes, are marked by red horizontal lines.

Cooling and warming are more pronounced during winter months (Figure 2.2 (a)). The

global surface temperature signature of NA_c1 is depicted in Figure 2.3. The strong

warm anomaly off the coast of New Foundland is due to a contraction of the SPG (de-

scribed in more detail in Section 2.3.2) and the resulting northward migration of the Gulf

Stream. The opposite sign anomalies in the Southern Ocean and parts of Antarctica are
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small in amplitude (about 0.5 to 1 ◦C) compared to the changes around Greenland. This

anti-correlation is suggestive of the “bipolar seesaw“ (Stocker and Johnsen, 2003), but

is not analyzed here because of the small signal-to-noise ratio. The tropical temperature

difference between NA_c1 and NA_w1 is also small in amplitude compared to the high

northern latitude changes, but has the same sign. Tropical Pacific precipitation changes

associated with NA_c1 feature a dipole pattern (not shown) that corresponds to a precip-

itation decrease in the western Pacific warm pool (WPWP) and a simultaneous increase

in the eastern tropical Pacific. This is consistent with paleo-reconstructions that connect

Greenland stadials with decreased precipitation over the WPWP and dominant El Niño-

like conditions (Stott et al. (2002), based on magnesium/calcium composition and δ18O

of planctonic foraminifera).

Figure 2.3.: Global temperature signal: Surface temperature difference between years 350 and 550

(NA_c1) and 50 and 250 (NA_w1). Regions are only shaded if correlation with Greenland surface

temperature (averaged over the same region as in Fig. 2.2) for the period between year 270 and

470 is significant on a 95 %-level.

The onset of the events based on Greenland temperature are years 326, 591 and 721 (e.g.,

Figure 2.2, red lines). In the following Section 2.3.2 we focus only on the first cooling

event (year 326). The sequence of events leading to the abrupt warming (year 591) is

briefly documented in Section 2.3.3. Section 2.3.2 describes the dynamics of the first

climate transition based on the following sequence of events. A stochastic atmospheric

circulation anomaly, resembling a strong negative North Atlantic Oscillation (NAO) phase
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is forcing a circulation anomaly in the SPG (Section 2.3.2.1). The SPG switches to a weak

circulation mode due to a salinity driven positive feedback loop, shutting down deep water

convection in the LS, and weakening the AMOC. Associated with the weaker circulation

mode is a colder surface subpolar ocean (Section 2.3.2.2). As a consequence sea ice con-

centration increases in the LS, which in turn causes a reorganization of the atmosphere

and a drop in Greenland temperature (Section 2.3.2.3).

The atmospheric changes over the NA can thus be separated into two parts: An initial

trigger that resembles a negative NAO phase and a positive sea-ice - sea level pressure

feedback, namely an anticyclonic anomaly that persists for about 200 years, and sustains

the anomalous atmospheric forcing of the ocean.

2.3.2 Dynamical changes

2.3.2.1 Atmospheric trigger - year 310 to year 320

Figure 2.4.: Sea level pressure anomaly [hPa] for year 310 to 315 (a), year 315 to 320 (b), year 320

to 325 (c) and for NA_c1 (year 350 to 550, d). All anomalies are relative to NA_w1 and positive

values imply a higher SLP than during Na_w1. Contours show the 1000-year mean of SLP.
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In the beginning (year 310 to 315, Figure 2.4 (a)) an anticyclonic SLP anomaly evolves,

centered between Greenland and north western Europe and resembling a negative NAO

phase. The anticyclonic anomaly moves south westward and decays over the next 5 years

(Figure 2.4 (b)). The NAO is known to drive the dominant part of NA - in particular the

LS - ocean heat transport variability, through changes in wind stress and buoyancy forc-

ing (e.g., Eden and Willebrand (2001)). The total surface heat flux over the LS weakens

at this point by about 14 Wm−2 (difference between first (year 270 to 290) and second

column (year 310 to 320) in Table 2.2) as expected from a negative NAO phase (i.e., less

heat loss of the LS to the atmosphere). The surface heat flux over the entire SPG region

decreases as well, though the amplitude is small. At about the same time the wind stress

curl north of the zero wind-curl line reduces (Figure 2.5 (a), year 310 to 315 and (b), year

315 to 320). At this point the maximum changes are located above the central and eastern

SPG where they account for a 30 to 50 % reduction compared to the long term mean.

Furthermore the zero wind-curl line shifts farther north, contributing to a contraction of

the SPG.

Figure 2.5.: Wind stress curl anomaly [·10−8N m−3] for year 310 to 315 (a), year 315 to 320 (b),

year 320 to 325 (c) and for NA_c1 (year 350 to 550, d). All anomalies are relative to NA_w1.

Contours show the the 1000-year mean of wind stress curl.
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2. Stochastic atmospheric forcing as cause for Greenland climate transitions

To estimate the importance of the changed wind stress curl in forcing the anomalous SPG

circulation the Sverdrup transport was calculated according to Sverdrup theory (e.g., Ped-

losky (1996)). The Sverdrup transport in the LS and the north-western NA is compared to

the actual circulation changes in this region and the entire SPG (Figure 2.6). The Sverdrup

transport reproduces the anomalous SPG circulation well.

2.3.2.2 Ocean and sea ice response - year 315 onward

Figure 2.6.: Sverdrup transport anomaly [Sv] (red - averaged from 55◦ to 63◦N and 60◦ to 32◦W),

actual circulation anomaly in the SPG [Sv] averaged over the same region as the Sverdrup transport

(black) and over the entire SPG (60◦ to about 20◦W and 48◦ to 63◦N, green). All time series are

smoothed by a 15-year running mean.

The total NA_w1-NA_c1 difference in the strength of the circulation (represented here

by the Barotropic Stream Function (BSF)) in the core region of the SPG accounts for

about 10 Sv, a 30 % reduction (Figure 2.7 (contours)). At the southern edge the circula-

tion changes up to 20 Sv due to a northward shift of the Gulf stream path. The temperature

of the upper central SPG decreases by up to 8◦C in NA_c1 relative to NA_w1 (Figure 2.7

(color)).

At the onset of the first cooling transition the decreased wind stress curl forcing (year 310
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onward, Figure 2.5 (a) and (b)) causes a first weakening of the SPG circulation (Figure

2.6) around year 318. This time scale is in excellent agreement with the suggested time

lag of 3 years after that the SPG strength reduces in response to wind stress curl changes

associated with a negative NAO (Eden and Willebrand, 2001). This weakening initiates

a positive feedback loop in the SPG leading to the large ocean temperature (color) and

circulation (contours) response depicted in Figure 2.7. Figure 2.8 (a) shows the density-

Figure 2.7.: Barotropic stream function anomaly [Sv] (black contours) and temperature anomaly

[◦C] (color) averaged over the upper 100 m in the subpolar gyre, difference between NA_c1 (year

350 to 550) and NA_w1 (year 50 to 250). Contouring interval is 5 S v, full lines show positive

anomalies and dashed lines negative anomalies. The red contours show the 1000 year mean of

barotropic stream function [Sv]. The contouring interval is 10 S v, full contours indicate anticy-

clonic and dashed contours cyclonic circulation.

depth evolution in the LS. Due to a drop in salinity of 1.6 psu (Figure 2.9 (a), ∼ year

319) the density in the upper LS starts to decrease simultaneously (year 319) with the

declining gyre circulation. To understand the upper ocean salinity decrease in the LS,

salinity budget terms for the upper ∼ 300 m of the LS are depicted in Figure 2.10 and
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2. Stochastic atmospheric forcing as cause for Greenland climate transitions

Table 2.2. Salinity advection decreases from year 319 onward (due to advection changes

through the southern and eastern face of the box), but this decrease is largely compensated

by lower diffusion (including convection) which normally contributes to freshening of the

LS. The tendency term becomes negative for a 20-year period from year 315 onward (Ta-

ble 2.2 and Figure 2.10 (b)), indicating the transition period, due to a negative balance of

advection and diffusion. From about year 325 to year 335 the surface fluxes contribute

to the negative tendency. Because the surface fluxes do not show a trend over the tran-

sition period, this indicates that the decrease of salinity in the LS and the entire SPG is

a direct consequence of the slowdown of the SPG circulation. This is consistent with a

model study by Born et al. (2013b), who show that salt transport in the Irminger current

increases with a stronger circulation of the SPG, independent of salinity in the source re-

gion of the Irminger current. They find that enhanced volume transport overcompensates

possible low salinity anomalies in the source region by about two orders of magnitude.

That implies a decreased salinity transport towards the LS and central parts of the SPG

during periods of decreased gyre circulation. A decrease of salinity is seen in the entire

water column of the LS (from 65 ◦W to 55◦W, Figure 2.9 (a)) but with lower amplitude

than at the surface.

budget term Labrador Sea

year 270 -290 year 310-320 year 320-330 year 381-401

advection
temperature [Wm−2] 25.23 23.14 14.95 8.47

salt·10−8[kg · m (kg ·s)−1] 10.43 10.45 9.21 7.84

diffusion (incl. convection)
temperature [Wm−2] 60 48.54 52.7 9.86

salt ·10−8[kg · m (kg ·s)−1] -10.29 -10.33 -9.06 -7.69

surface flux
temperature [Wm−2] -86 -72.45 -69.3 -18.87

salt·10−8[kg · m (kg ·s)−1] -0.15 -0.14 -0.16 -0.15

year 315-335

tendency
temperature [Wm−2] -2.2

salt·10−8[kg · m (kg ·s)−1] -0.016

Table 2.2.: Heat and salinity budget (upper 280 m) of the Labrador Sea (53 ◦ to 65 ◦N and 60◦ to 45
◦W) for the pre-cooling phase during NA_w1 (year 270-290) and a phase after the first transition

during NA_c1 (year 381-401). Furthermore two values are given for the transition period (year

310-320 and 320-330). The tendency term is averaged over the transition period. Negative signs

imply a cooling and freshening of the box.

As a result of the decreased surface density (Figure 2.8 (a)) the water column in the LS is

stably stratified and maximum March Mixed Layer Depth (MLD) reduces from year 319

onward (Figure 2.8 (b)). Eventually, during NA_c1 maximum March MLD is in average

below 200 m, indicating no deep water convection. Slightly increased MLD south of Ice-
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land (Figure 2.11) indicate a minor compensation of deep water formation at this location

during NA_c1. This is caused by a warm temperature anomaly at a depth of ∼ 1300 m

(Figure 2.9 (b)). The decrease in deep water convection in the LS causes a slow down

of the AMOC from around year 325 (max. AMOC located around a depth of 880 m and

between 35◦ and 40◦N, Figure 2.8 (c)).

Figure 2.8.: (a) Density anomaly [kgm−3] in the LS (averaged from about 55 ◦ to 63◦N and 60◦ to

45◦W) relative to the 1000-year mean. (b) Maximum march MLD [m] in the LS (same region as

in (a)). (c) Maximum AMOC [S v].
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However, the AMOC does not shut down, due to the still active deep water convection in

the Nordic Seas and the enhanced deep water convection south of Iceland. The reduced

horizontal density gradient between the center and the boundary current (compare to the

stronger salt anomalies towards the west in Figure 2.9 (a)) weaken the gyre circulation

further, thus closing the positive feedback loop (Born and Stocker (2014) and Born et al.

(2013a)).

The cooling of the upper LS is a consequence of reduced convection and advection of tem-

perature (both from year 320 on, Table 2.2 (column 2)). There is a small warm anomaly

(0.1 to 0.3 ◦C, Fig. 2.9 (b)) in the LS in the intermediate and deeper ocean during NA_c1.

However, due to the still active deep water convection in the NA the warm anomaly never

becomes strong enough to destabilize the water column and thus can not trigger the onset

of NA_w1, in contrast to what Dokken et al. (2013) find for the Nordic Seas. The inter-

Figure 2.9.: Salinity (a) and temperature (b) anomaly in a cross section through the SPG averaged

from about 57◦ to 61◦N. Anomaly is between NA_c1 and NA_w1. Contours show the 1000-year

mean and the intervals are 1.5 ◦C in (a) and 1 psu from 33 to 35 psu and 0.1 psu from 35 to 35.6

psu in (b).
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Figure 2.10.: Salinity budget for the upper 280 m of the LS (53 ◦ to 65 ◦N and 60◦ to 45 ◦W) over

the transition between NA_w1 and NA_c1. (a) Salinity content (psu), (b) surface flux anomaly

(black), tendency term (red) and combined diffusion and advection anomaly (green) and (c) ad-

vection anomaly (black) and diffusion anomaly (red). All budget term time series are smoothed

by a 7-year running mean.

mediate depth warming is more pronounced in lower latitudes (up to 45 ◦N, not shown).

In the Nordic Seas the surface layer is fresher and colder during NA_c1. However, the

warmer subsurface Atlantic inflow becomes colder and less saline too and a strong halo-

cline is always sustained. This might be due to the enhanced deep water convection south

of Iceland. Changes in thermohaline structure around Iceland (the Nordic Seas) occur

about 10 (30) years after the decrease in Greenland temperature sets in and reflect thus

most likely the changed ocean circulation.

In contrast to the LS the heat budget in the SPG-box (not shown) is dominated by changes

in temperature advection, due to a decrease of heat advected into the box through the south

and from below, partly balanced by a decrease in heat advected through the north face.

Diffusion and surface fluxes counteract the cooling tendency of the decreased advection,

but are smaller in magnitude.

As a consequence of the colder ocean temperatures sea ice growth commences (from year
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Figure 2.11.: March maximum MLD [m] anomaly between NA_c1 and NA_w1

321 onward) in the LS. Annual maximum sea ice concentration, in average, increases

here by about 100 % relative to NA_w1, equivalent to about 30 % increased sea ice con-

centration (Figure 2.2 (b)). The difference in horizontal extent of annual maximum sea

ice concentration between NA_c1 and NA_w1 is depicted in Figure 2.12. The changes

are largest in the LS (up to a difference of 90 % sea ice coverage) and stretch from there

with lower amplitude along the south eastern coast of Greenland, north of Iceland to-

wards Svalbard and until the northern coast of Norway. A similar spatial pattern of sea

ice increase is observed at the north-eastern coast of Asia (not shown) though smaller

in amplitude. The sea ice edge progresses farther south and east in the Nordic Seas and

the LS as indicated by the white and black contours in Figure 2.12. The sea ice increase

causes the surface heat fluxes in the LS to decrease dramatically (from year 322 onward).

The changed surface heat fluxes partly balance the aforementioned cooling effect of de-

creased advection and convection. The transition in LS sea ice concentration takes about

80 years from warm to cold (year 326 and 719) and about 20 years from cold to warm

(year 591, Figure 2.2 (b)). Both sea ice growth and retreat start in the LS region, before

spreading to the other regions. Additionally an increased sea ice cover weakens the SPG

circulation through insulating it from wind stress forcing (Jochum et al., 2012).
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Figure 2.12.: Difference in annual maximum sea ice concentration [%] between NA_c1 and

NA_w1. Overlaying contours show the averaged annual maximum sea ice extent (15%) for NA_c1

(black) and NA_w1 (white).

2.3.2.3 Atmosphere response - year 320 onward

The reduced heat fluxes (reduced by about 70 Wm−2, difference between year 270-290

(column 1) and 381-401 (column 4) in Table 2.2) above the LS (i.e., cooling of the at-

mosphere) are mainly a result of increased sea ice cover in the LS. They force a cold

core high pressure anomaly, which sustains the anomalous forcing of the weakened gyre

circulation. This atmospheric response starts to become apparent from year 320 to 325

(Figure 2.4 (c)). The anomaly strengthens in amplitude south-west of Greenland above

the LS and extends, with reduced amplitude, far across the Asian continent. It persits for

about 200 years (Figure 2.4 (d)) with an average spatial maximum of 2.8 hPa above the

LS. Associated with this is also a persistent localized decrease in wind stress curl (Figure

2.5 (d)) during NA_c1. The largest changes occur west off Greenland where the wind
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2. Stochastic atmospheric forcing as cause for Greenland climate transitions

stress curl reduces to about 70 % of its original magnitude (NA_w1) and to about 60 %

of its original magnitude across central parts of the SPG.

This response of atmospheric circulation to sea ice anomalies was demonstrated by Deser

et al. (2007) on shorter timescales, i.e., over one winter/spring season. This is a directly

forced baroclinic response and opposite in sign to the equivalent barotropic response to

positive (negative) SST anomalies which is invoked to explain the evolution of nega-

tive (positive) NAO-phases (e.g., Farneti and Vallis (2011)). The equivalent barotropic

response is fully established after 2-2.5 months (Deser et al., 2007) and dominates the

overall response. However, in our case the anomalous surface heat fluxes, forcing the an-

ticyclonic anomaly, persist during the entire NA_c1, due to the involved ocean circulation

and sea ice changes.

Eventually the sea ice concentration changes cause the drop in Greenland temperature

(from year 326 onward) by insulating the atmosphere from the ocean heat reservoir as

suggested by Li et al. (2005) and Li et al. (2010).

2.3.3 Warming event

The SLP anomaly decreases for the first time around year 500 but remains then for an

other ∼ 80 years in a slightly lower but stable state. Around year 580 a cyclonic SLP

anomaly evolves centered off northern Norway (Figure 2.13 (a), year 578 to 583). From

here the cyclonic center moves to the central Arctic Ocean around year 585 (Figure 2.13

(b), year 584 to 589), slowly displacing the remaining anticyclonic SLP anomaly at the

southern tip of Greenland (Figure 2.13 (c), year 589 to 594). This SLP anomaly (Figure

2.13 (a) and (b)) resembles closely the anomaly that evolved beside the anticyclone above

Greenland in DO_a,b (green and red curve in Figure 2.1) and appeared to hinder the full

amplitude of changes to evolve in DO_a,b. Finally SLP drops abruptly to its pre-event

value between year 595 and 600 (compare Figure 2.4 (d) and Figure 2.13 (d)). The sur-

face heat fluxes in the LS and SPG change around year 587 and 590 respectively, while

the Sverdrup transport features to high interannual variability to determine smaller trends

previous to a sudden jump back to the pre-cooling state at around year 595 (Figure 2.6).

The SPG gyre circulation changes around year 583 and sea ice concentration (Figure 2.2

(b)) and temperature above the LS follow at year 585 (Figure 2.14). In Figure 2.14 the

temperature evolution at different locations across Greenland are compared to changes

in temperature above the LS. Compared to the original amplitude above the LS of about

8◦C the amplitude of annual mean temperature change is reduced to approximately 2◦ to

3◦C at different points at Greenland. The warming too is more pronounced during winter
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months (compare to annual minimum temperature in Figure 2.2). It also becomes appar-

ent from Figure 2.14 that the signal transmission from the LS to northern Greenland takes

about 5 to 10 years. Thus Greenland temperature increases abruptly from around year

591.

Figure 2.13.: Sea level pressure anomaly [hPa] for year 578 to 583 (a), year 584 to 589 (b), year

589 to 594 (c) and for the second warm phase (year 600 to 700, d). All anomalies are relative to

NA_c1 and negative values imply a lower SLP than during Na_c1. Contours show the 1000-year

mean of SLP.

In general the warming and the cooling event feature the same sequence of events, that

is atmospheric circulation changes (SLP, surface heat flux and wind stress (only deter-

minable for the cooling transition)) followed by SPG circulation changes and eventually

a change in sea ice concentration in the LS followed by changes in Greenland temper-

ature. This raises the question why the transitions, at least in Greenland temperature,

feature an asymmetric pattern. This question is not addressed in detail but possible causes

are discussed in Section 2.4.
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Figure 2.14.: Annual mean temperature anomaly (relative to 1000 year mean) over the warming

transition for the LS (55◦ to 65◦N and 50◦ to 60◦W, black) and different gridpoints approximately

corresponding to different ice core locations at Greenland: Renland in cyan, GRIP in blue, Camp

Century in green and DYE3 in red. All time series are smoothed by a 5 year running mean.

2.3.4 Dependence on the climatic background state - a comparison
to the HI pre industrial control simulation

The question arises why such spontaneous climate transitions do not occur in the vast

majority of state-of-the-art GCM runs (see Section 1.1.2). In the following section we

thus address this question in terms of the dependence of the above described mechanism

on the climatic background state -in particular the differences of HI and CONT in the NA

are compared. Both runs are set up with the same external boundary conditions and only

differ in the resolution of the atmosphere. However, the mean states of ocean and atmo-

sphere are different. The following numbers refer to a comparison between the ocean and

atmosphere state in the NA in a 50 year average directly previous to the first transition

and the same time period in HI. To begin with HI features a warmer SPG (about 0.5◦ to

2 ◦C) and a more saline western SPG (about 0.3 to 0.6 psu) and is slightly less saline

in the eastern SPG (about 0.1 psu). These differences alone have some implications for
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the proposed positive feedback mechanism in the SPG. The effect of salinity anomalies

on the density of water is larger for colder temperatures. Thus in HI higher salinity ad-

vection anomalies would be necessary to initiate the described positive feedback loop,

including the shut-down of deep water formation in the LS. Moreover the western SPG

is already less saline in CONT and thus a smaller salinity advection anomaly can already

cause the stabilization of the LS water column. Secondly the circulation in the SPG is

weaker in CONT and thus also favours a switch to a weak circulation mode. Furthermore

the atmospheric mean state over the NA is distinctly different in the two simulations. The

Icelandic low is more pronounced in HI, that is a lower mean SLP of about 2 hPa. Fig-

ure 2.15 reveals a stronger SLP gradients between Icelandic low and Azores high in HI

than in CONT. A smaller SLP anomaly in CONT thus weakens the gradients between

the Icelandic low and Azores High sufficiently to trigger the aforementioned changes in

wind stress curl and thus eventually the ocean circulation changes. Compared to NCEP

reanalysis data (Kalnay et al., 1996) from 1948 until 2014, HI seems to overestimate the

gradients, whereas CONT agrees well (HI and CONT are pre-industrial control simu-

lations). The spread of both distributions seems to be realistic. Lastly CONT features

stronger ENSO variability than HI and present-day observations (Shields et al. (2012)

Fig. 17).

Figure 2.15.: Comparison of normalized annual SLP gradient distribution [hPa · km−1]. The SLP

gradient is calculated between subtropical high and subpolar low in the Atlantic for NCEP present-

day reanalysis (green), CONT (black) and HI (red).
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2.3.5 Ocean-sea ice experiments with anomalous atmospheric forc-
ing - testing the trigger

Figure 2.16.: Annual maximum sea ice concentration in the LS (averaged from about 50◦ to 67◦N

and 63◦ to 40◦W), in fully coupled simulations HI (black), CONT (red) and DO_F (green) in (a).

(b) Same as in (a) but for the declining sea ice concentration (using atmospheric fluxes of year

305/306 from DO_F) OI experiments. (c) Same as in (a) but for increasing sea ice concentration

OI runs. For increasing sea ice concentration OI runs different years of atmospheric forcing from

DO_F where tested: year 312/313 (OI_b (red), OI_c (green) and OI_d (cyan)) and year 332/333

(OI_a (blue)). As a reference HI is shown as well in panel (b) and (c). See Table 2.1 for experi-

mental setup of simulations.

To test the above proposed mechanism and to infer more details about the atmospheric
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circulation anomaly and the relative importance of buoyancy and wind stress forcing of

the SPG circulation anomaly, several OI simulations are conducted (Section 2.2). In Fig-

ure 2.16 the annual maximum sea ice concentration in the LS is depicted as an indicator

of the climate transitions. OI_a-d feature rapid increasing sea ice concentration (Figure

2.16 (c)). OI_e,f show a decrease in sea ice concentration (Figure 2.16 (b)) where the

later one was started from ocean sea ice conditions of the red curve experiment (i.e., from

a high sea ice concentration state).

For the longest experiment (red curve, OI_b) the circulation change of the SPG (not

shown) and the MLD in the LS (not shown) between the 5 first and last years of the

simulation were compared. The MLD in the LS decreases by about 240 m and the circu-

lation changes in the core region of the SPG account for about 6 S v - a value similar to

the 10 S v in CONT. Thus the experiments seem not only to reproduce the changes in sea

ice concentration, but as well the ocean circulation changes.

2.4 Discussion

Based on the scenario above, three topics deserve further attention:

1. Stochastic forcing

2. Tropical-extratropical atmospheric connections

3. Dependence on background climate state

2.4.1 Stochastic forcing

We tested the proposed mechanism by forcing OI-experiments with atmospheric fluxes

extracted from CONT and starting from ocean and sea ice conditions of HI. That these

simulations reproduce not only the same changing sea ice concentration but also the same

changes in ocean circulation gives us confidence in the aforementioned mechanism. This

sensitivity to stochastic forcing raises the question of what forces the SPG in the real

world? Unfortunately there is still no consensus on whether buoyancy (e.g., Yeager and

Danabasoglu (2014) and Eden and Jung (2001)) or wind forcing (e.g., Eden and Wille-

brand (2001), Häkkinen et al. (2011)) dominates the strength of the SPG circulation. This

depends as well on the considered timescales, with a faster response time to altered wind

stress forcing. We showed additionally that the SLP gradients between Icelandic low and

Azores high in CONT are weaker than in HI. Thus a smaller stochastic anomaly in CONT

can trigger the atmosphere and ocean circulation changes.
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Rearrangements in the steady atmospheric circulation pattern and the transient eddy ac-

tivity above the NA occur during the last glacial period (e.g., Li and Battisti (2008)). The

primary cause for these differences in atmospheric circulation is ice sheet topography,

in particular the Laurentide ice sheet (e.g., Pausata et al. (2011)). The absence of ice

sheet topography driven atmospheric circulation changes could thus also explain why D-

O cycles do not occur during the Holocene (see e.g., Wunsch (2006)). There is evidence

from observations that atmospheric rearrangements occur prior to Greenland temperature

changes. Deuterium excess shows that Greenland precipitation sources change 1-3 years

before Greenland air temperature (Steffensen et al., 2008). Change of moisture source

region implies an abrupt change of the local atmospheric circulation or the opening of a

new source (by e.g., changing from sea ice covered to open ocean). Both changes are

seen in CONT: we find atmospheric rearrangements over the NA prior to the abrupt tem-

perature change. In addition the sea ice cover and temperature changes in the LS lead

the temperature signal in Greenland (Figure 2.14) and thus establish/remove a possible

Greenland precipitation source.

Additionally the 231Pa/230Th reconstructions by Böhm et al. (2015) suggest that a strong

AMOC prevailed during most parts of the last glacial period and shut down of the AMOC

occurred only during Heinrich events close to LGM. This view is supported by our find-

ings, which provide a mechanism for abrupt Greenland climate shifts without strong

AMOC variations.

An interesting aspect of the atmospheric response is that it might contribute to the sawtooth-

shape of the Greenland temperature signal. Deser et al. (2004) and Deser et al. (2007) find

that decreased sea ice concentration (or warmer SST) causes a cyclonic anomaly stronger

in amplitude than the anticyclonic anomaly forced by increased sea ice concentration

(colder SSTs). Thus larger changes in sea ice cover and temperature are necessary to

build up the anticyclonic anomaly than decreasing it again.

However, Deser et al. (2004) and Deser et al. (2007) are based on atmosphere model sim-

ulations with prescribed SST and sea ice extent anomalies from observed trends. Feed-

backs on the SST and sea ice anomalies can thus only be estimated by a comparison of

the observed atmospheric trends and the atmospheric response in their simulations; they

estimate the feedback to be negative but weak.

2.4.2 Tropical- extratropical connections

The initial change in SLP is in the range of natural variability, thus no further trigger

is needed to explain the occurrence of the stochastic atmospheric anomaly over the NA.
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In the extratropics El Niño Southern Oscillation (ENSO) variability is known to alter in

particular the likelihood of extreme pressure events to occur (e.g., Sardeshmukh et al.

(2000) and Palmer (1993)). Therefore in the following section we discuss changes in

temperature and precipitation in the tropical Pacific and possible connections with the

anomalous NA atmospheric circulation.

Figure 2.17.: Precipitation anomaly [mm · day−1] in the western tropical Pacific, averaged from

100◦ to 180 ◦E and 8◦S to 8◦N in green and sea level pressure anomaly [hPa] over the NA,

averaged from 50◦ to 20 ◦W and 50◦ to 65 ◦N in blue. Both time series are smoothed with a

running mean over 10 years. For the first cooling event around year 326 on the left and for the

abrupt warming and the second cooling event around year 591 and 721, respectively on the right.

For all three transitions (warm to cold: year 326 and 719; cold to warm: first changes

at year 550, finally back to initial state around year 590) changes in tropical precipita-

tion occur simultaneously or previous to the changes in SLP over the NA (Figure 2.17).

Teleconnections from tropics to extratropics work virtually instantaneous, whereas a sig-

nal transferred inversely takes about two to three years (Chiang and Bitz, 2005). Two

other strong increases in precipitation at around year 350 and 890 are both followed by a

weakening of the anticyclone and a temporary drop in sea ice concentration (compare to

Figure 2.2). Furthermore temperatures in the WPWP are anomalously warm for about 20

to 30 years previously to the two cooling events. The shifts in tropical atmospheric deep

convection associated with SST changes generate planetary waves that modify global

patterns of SLP (e.g., Sardeshmukh and Hoskins (1988)). It is difficult to associate unam-

biguously particular sea level pressure changes with particular convection changes (Ting

and Sardeshmukh, 1993), but the present SLP differences between NA_c1 and NA_w1 are

quite similar to pressure differences induced by El Niño teleconnections (e.g., Trenberth

et al. (1998)): in particular a weakening of the pressure difference between the Azores
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and Iceland. A modeling study by Merkel et al. (2010) shows altered ENSO telecon-

nections during past glacial climates. They demonstrate that teleconnections into the NA

were strong during pre-industrial times (not shown, but also true for CONT) and Green-

land interstadials, while there were weak or no teleconnections during LGM, Heinrich

stadial 1 and Greenland stadials (Figure 11 in Merkel et al. (2010)). Furthermore differ-

ent ENSO variability is expected with different orbital forcing as also demonstrated by a

modeling study of Timmermann et al. (2007). Paleo-reconstructions showed that ENSO

was at work over past glacial climates (e.g., Tudhope and Coauthors (2001)). Whether

the strength was weaker, stronger or not altered at all during past glacial climates is still

debated. Whether the suggested tropical changes are a plausible scenario for D-O cycles

depends thus upon better paleo-reconstructions of altered ENSO strength and variability

and its relative timing to Greenland ice cores.

As described in Section 1.1.1, there is also evidence for abrupt climate shifts in the NA

under Holocene conditions (e.g., Bond et al. (1997)). The modeling study by Liu et al.

(2014), consistent with most paleo-ENSO reconstructions, describe an orbitally induced

strengthening of ENSO during the Holocene epoch relative to the deglaciation. Moy et al.

(2002), based on a Laguna sediment record in southern Ecuador, reconstruct millennial-

scale variability of ENSO during the Holocene.

2.4.3 Dependence on background climate state

As mentioned previously, no further transitions between NA cold and warm phases oc-

cur in a 200 year extension of this simulation, implying that the last cold state lasts for

at least 400 years. This points towards a strong dependence on the climatic background

state for the full chain of aforementioned processes to evolve. The analyzed simulation

has a warm bias in global average, but a cold bias in the NA and drifts towards a colder

state. The ocean loses heat at -0.09 Wm−2 over the last 600 years (Shields et al., 2012).

Furthermore the NA (20◦ -70◦N) becomes more saline at intermediate depth while the

upper NA (≤ 500 m) becomes less saline, which has a stabilizing effect for the cold phase

as stronger salinity anomalies are necessary for deep water convection to resume. We

discussed in Section 2.3 2.3.4 the differences between HI and CONT and how these dif-

ferences promote the positive feedback loop in SPG circulation, salinity advection and

deep water convection intensity as well as the probability of the triggering SLP anomaly

to occur. CONT represents in several aspects a climate that is biased towards a glacial

climate (e.g., temperature of the SPG).

The reproducibility of the transitions together with their occurrence at different points in

time compared to the original simulation indicate that no long term memory effects are
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necessary for the abrupt transitions to occur. Hence it supports our hypothesis that rather

quasi-stochastic atmospheric forcing triggers a switch in a per se unstable ocean circula-

tion regime, the strong and weak SPG circulation modes. It would be thus very interesting

to analyze a parameter space (mainly of temperature and salinity) for which the SPG can

flip. Born and Stocker (2014) show that a simple 4-box model of the SPG is bistable.

However, in reality and in a fully coupled climate model the parameter space would be

more complex (i.e., ocean-atmosphere and ocean-sea ice feedbacks). How representative

this simple model is for the real SPG remains unclear, but for our argumentation it is suf-

ficient that the SPG is sensitive to small perturbations.

The dependence of the oscillations on the mean state of the SPG is an obvious draw-

back. The present mechanism should thus be evaluated under MIS3 conditions.

2.5 Summary

D-O-like transitions in Greenland temperature are found in a free CCSM4 integration and

analyzed. It is notoriously difficult to establish cause and consequence in fully coupled

simulations. With this caveat in mind we suggest that the climate transitions are trig-

gered by a stochastic change in SLP pattern over the NA. This state is associated with a

weakened wind stress curl over the SPG. Consequently the gyre circulation slows down

and advects less warm and saline subtropical waters to high latitudes, initiating a positive

feedback loop towards a persistent weaker state of the SPG circulation and deep water

convection in the LS. Sea ice growth commences in the LS due to locally reduced warm

water transport and decreased ocean-atmosphere heat flux. The sea ice anomaly here al-

lows for a cold core high to develop at the south-western tip of Greenland and sustains

the anomalous SLP pattern for about 200 years, the entire cold NA phase. The decreased

deep water convection leads furthermore to a reduced AMOC of about 3 to 4 Sv and thus

a further reduction in northward heat transport. The onset of the warming is initiated by a

stronger Icelandic low and thus by removing the anomalous atmospheric forcing the SPG

circulation recovers, deep water convection resumes, sea ice cover retreats and Greenland

temperature rises abruptly. The possible influence of tropical precipitation anomalies on

the NA atmospheric trigger is discussed.

The present coupling between SPG, sea-ice and Icelandic low has already been hypoth-

esized by Seager and Battisti (2007). The central role of the sea ice has already been

discussed by Li et al. (2005), though the mechanism causing a sudden sea ice retreat re-

mains unclear. We have now identified a possible cause for sea ice changes: stochastic
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atmospheric forcing. The initial trigger of the transitions occurring herein and in Drijfhout

et al. (2013) are in both cases stochastic atmospheric circulation anomalies. Additionally,

the persistent anticyclonic anomalies above the NA during the cold event are alike. How-

ever the mechanisms sustaining this persistent anomaly are different. While Drijfhout

et al. (2013) attributes the persistent anomaly to sea ice-atmosphere interactions later

on amplified by ocean circulation feedbacks (mostly AMOC), we find that the changed

oceanic gyre circulation plays a key role. Even though we see changes in thermohaline

properties in the Nordic Seas and the LS we find no evidence for the mechanism sug-

gested by Dokken et al. (2013). Note, though, that the climate state of CONT is likely to

be far from MIS3.

The present results are a promising starting point into the dynamics behind D-O cycles.

To us it appears that their most critical and uncertain component is their sensitivity to the

NA background state and the structure of atmospheric noise that is needed to trigger a

switch in the SPG state. Thus, we plan to continue our work with three complementary

approaches: Firstly, constrain the mean state of the SPG as well as timing and nature

of atmospheric circulation changes during MIS3 with paleo-proxies; secondly, perform

more idealized GCM studies in which we can control background state and atmospheric

noise; and thirdly, set up a full MIS3 simulation with CESM.
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3 The tropical trigger

3.1 Introduction

Here, we will argue that a centennial scale ENSO-like mode of variability is the origin

of the NA cold an warm phases described in the previous chapter. This mode is cor-

related with SLP anomalies in the NA. We support our hypothesis of a tropical origin

of the NA phases with evidence for centennial scale ENSO-like variability in a second

pre-industrial control simulation (HI, see Table 2.1 and corresponding text for details of

this simulation). The ENSO-like variability in HI features the same characteristics as in

CONT, but no warm and cold NA phases occur in HI, suggesting that it cannot be the NA

phases in CONT triggering the centennial ENSO-like variability.

SSTs in the tropical Pacific vary on seasonal, interannual (ENSO, Bjerknes (1969)),

decadal to centennial (e.g., Wittenberg (2009)) and even on millennial time scales (e.g.,

modelling: Clement et al. (2001); Timmermann et al. (2007), Sadekov et al. (2013) and

Stott et al. (2002)). Mean climate background changes often interact with these different

modes of variability in a nonlinear way (e.g., Timmermann (2003)), making it impossible

to determine cause and effect.

A detailed description of physical modes of variability associated with tropical Pacific

SST variability on different timescales and hypotheses on how the tropics could play an

active (rather than passive) role in abrupt millennial scale climate variability during the

last glacial can be found in the general Introduction (Sec. 1.2) and can be summarized as

follows. Firstly there is clear evidence for tropical ENSO-like variability on centennial to

millennial timescales during the past (e.g., Sadekov et al. (2013) and Stott et al. (2002)).

Furthermore miscellaneous modelling studies demonstrate that such changes have the po-

tential to alter the atmospheric circulation on a global scale (e.g., Vavrus et al. (2006)

with a focus on NH Pacific). Ding et al. (2014) and Yin and Battisti (2001) show how

anomalies in tropical Pacific SST pattern alter through a Rossby wave-train in particular

SLP and the geopotential height field in western Canada and Greenland.

The cold NA phases are correlated with more El Niño-like conditions (Sec.3.2.2) and in-

creased variance of ENSO (Sec.3.2.3). Modulation of ENSO amplitude (and period) can
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3. The tropical trigger

be the consequence of either changes in the mean background climate or changes in the

seasonal cycle (e.g., Wang and An (2002) and Tziperman et al. (1997)) or due to nonlin-

ear interaction of the former with ENSO’s intrinsic timescale (e.g. Timmermann (2003)).

In CONT no structural differences in the seasonal cycle occur between the NA cold and

warm phases (Sec. 3.2.1). However, there exist distinct differences in the mean back-

ground climate (Sec.3.2.2). In Sec.3.3 we suggest that the aforementioned changes are

the expression of decadal ENSO amplitude modulations (DEAMs, Timmermann (2003)).

In this context the shift to more El Niño-like conditions can be interpreted as an east-west

displacement of ENSO’s center of action (Timmermann, 2003). NA warm phases are

associated with El Niños (La Niñas) occurring farther to the west (east). Thermocline

anomalies, the change in ENSO variance and the east-west displacement associated with

DEAMs in CONT are in accordance with the findings of Timmermann (2003), who sug-

gests that DEAMs are generated within the tropics, through nonlinear interaction between

ENSO’s intrinsic time scale and changes in the mean background climate. We thus hy-

pothesise that ENSO modulation on decadal to centennial scales in CONT - associated

with the NA warm and cold phases- are generated in the tropics. The changes in the trop-

ical Pacific are thus clearly linked to the NA warm and cold phases. Lead/Lag correlation

between several variables in the Pacific and the NA conform with both - the Pacific or

the NA - leading by a couple of years. We document several indications that the tropical

mode is generated internally in the tropics (Sec. 3.4 and Sec. 3.3).

To disentangle ENSO and ENSO-like variability EOFs and corresponding Principal Com-

ponents (PCs) of high (HP) and low pass (LP) filtered tropical Pacific SST anomalies are

calculated. A linear regression between global SLP fields and the ENSO and ENSO-like

modes of variability is performed to show the different NA atmospheric circulation pat-

tern associated with them (Sec. 3.3). This is followed by a discussion of different possible

linkages of the tropical Pacific and the NA. For this purpose we look for evidence (or the

non-existence of such evidence) in CONT for different already proposed linkages between

NA and the tropical Pacific (Sec. 3.4). This section finishes with a discussion of changes

in the mean ENSO period between NA warm and cold phases and associated phase lock

of ENSO and through this we show a possible linkage to millennial scale climate vari-

ability during the last glacial (Sec. 3.5.1.1).
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3.2. Tropical Pacific inter- and intra- annual variability in CONT

3.2 Tropical Pacific inter- and intra- annual variability in CONT

In this section we briefly assess the realism of ENSO variability in CONT. ENSO’s dom-

inant period and amplitude is determined by both, the mean background climate (e.g.,

Wang and An (2002)) and the seasonal cycle (e.g., Tziperman et al. (1997)). Thus, we

a

b

Figure 3.1.: From Shields et al. (2012): (a) Comparison of seasonal cycle strength, interan-

nual variability (ENSO strength) and mean SST in the tropical Pacific for different versions of

CCSM and the HadSST reanalysis product. CONT corresponds to FV2x_1_1850 and HI to

FV1x_1_1850. (b) Original caption from Shields et al. (2012): Power spectrum for Nino-3

SST anomalies for HadSST (black), T31x3_1850 (blue), T31x3_20C (red), FV2x1_1850 (green),

FV1x1_1850 (purple). The area under a line, when integrated across all periods, yields the total

variance

assess in the following first the differences between the NA phases in the seasonal cy-

cle (Sec. 3.2.1) and secondly in mean background climate of the tropical Pacific (Sec.

3.2.2). This is followed by a description of how these changes effect ENSO’s amplitude

and dominant period (Sec. 3.2.3). Lastly the effects of ENSO modulation on decadal to

centennial scales on the NH atmospheric circulation are presented (Sec. 3.3).

The spatial pattern of ENSO variability and the timing of the seasonal cycle are simulated
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with sufficient realism in CONT (Deser et al., 2012). Niño 3.4 SSTs feature a double spec-

tral peak at periods of ∼ 2.5 and ∼ 5 years (Fig. 3.1 (b)) in good agreement with HadISST

(see Fig. 4 in Deser et al. (2012)). However, CONT overestimates the maximum power

by about a factor of 4. A detailed description of ENSO and its global teleconnections and

ENSO modulation on decadal to centennial scales in CCSM4 and in CONT and HI in par-

ticular is provided by Deser et al. (2012). CONT features very high interannual variability

in tropical Pacific SST anomalies. In Table 3.1 (a) (adapted from Shields et al. (2012))

the strength of the seasonal cycle and of ENSO variability is compared between different

versions of CCSM and the HadSST reanalysis product (CONT is FV2x_1_1850 in Table

3.1 and HI is FV1x_1_1850). CONT features a very weak seasonal cycle and associated

with this strong interannual variability. The interannual variability in CONT exceeds the

one of HadSST by about a factor of two. The anti-correlation between a weak seasonal

cycle and strong ENSO variability seems generally to hold for all the CCSM simulation

and the HadSST data-set and is in good agreement with the findings of Guilyardi (2006).

However, there are few observations to constrain ENSO variability before about a century

ago. Thus, even though variability associated with ENSO in CONT is double that of the

one inferred from HadSST this ENSO variability might not be unrealistic. Furthermore,

there is considerable modulation of ENSO on decadal to centennial timescales present

in CONT (Sec. 3.3). Thus, there are as well decades (not shown) that agree better with

HadSST (see Wittenberg (2009) for a discussion on whether historical records of ENSO

suffice to constrain ENSO simulations).

3.2.1 The seasonal cycle and its importance for ENSO’s period

ENSO events have the tendency to peak during the end of the year, which is a consequence

of ENSO’s phase lock to the annual cycle. Most important for this phase lock behaviour

is the seasonality of SSTs (Tziperman et al., 1997).

Fig. 3.2 (a) depicts the monthly standard deviation (std) of Niño 3.4 SST for NA_c1 (dark

blue), NA_c2 (light blue), NA_w1 (red) and NA_w2 (yellow).

In CONT the time of maximum variability (the time when most ENSO-events peak) is

shifted by about 2 months compared to observations (Deser et al., 2012). The std peaks

in February during NA_c1 and NA_c2 and in January-February during the NA_w1 and

NA_w2 phases. In general the variance seem to decrease over the entire simulation (cf.

NA_c2 with NA_c1 and NA_w2 with NA_w1). But the variance changes as well together

with the NA warm and cold phases. In all months the std is clearly decreased by about

0.2 − 0.4 ◦C during both warm phases and increased during the cold phases. The std of
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a b

Figure 3.2.: (a) The seasonal cycle in terms of monthly Niño 3.4 SST standard deviation (σ)

for NA_w1 (red), NA_c1 (light blue), NA_c2 (dark blue) and NA_w2 (yellow). (b) Difference

between the two cold and warm phases relative to the 1000 year climatology.

annual Niño 3.4 SST anomalies is σ = 1.0 for NA_w1 and σ = 1.3 for NA_c1. However,

no structural changes in the seasonal cycle are seen between the cold NA warm and cold

phases, i.e., no change in the strength of the seasonal cycle or a shift of ENSO’s peak time

(Fig. 3.2 (b)).

3.2.2 Differences in the tropical Pacific between warm and cold NA
phases

The mean tropical surface temperature change in the tropics (global) amounts only to

about 0.3◦C. However, there are distinct changes in the spatial pattern of tropical Pacific

SST variability (Fig. 3.3). Yin and Battisti (2001) find that the spatial pattern of tropi-

cal SSTs is more relevant for global atmospheric circulation changes than the amplitude

of SST changes. Thus even the small amplitude changes seen in CONT are potentially

relevant for the aforementioned NA atmospheric circulation changes (Chapter 2) and are

explored in the following. Cold NA phases are linked to more dominant El Niño-like

conditions and warm NA phases with more dominant La Niña-like conditions. Relevant

changes occur in SST anomalies (Fig.3.3), zonal wind anomalies over the central equa-

torial Pacific (Fig. 3.5), the temperature of the WPWP (Fig. 3.7), the thermocline depth

(Fig. 3.4) in the tropical east and west Pacific and consequently the thermocline slope.
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Precipitation and SLP changes (Fig. 3.6 and Fig. 3.8, respectively) - indicative of

Figure 3.3.: Sea surface temperature anomaly [◦C] in the tropical Pacific (averaged from 10 ◦S to

10 ◦N. A 30-year running mean is applied. The black lines indicate the onset of the transitions in

Greenland temperature.

changes in deep atmospheric convection are important for global teleconnections and thus

for a possible linkage to the NA. The potential effects of aforementioned mean climate

changes for the dominant ENSO period are briefly discussed at the end of this Section.

Tropical Pacific SSTs shift towards more dominant El Niño-like conditions during NA

cold phases and to La Niña-like conditions during NA warm phases (Fig. 3.3). The sig-

nal is strongest in the Niño 5 and 6 regions (above the western and far western Pacific).

The absence of a clear temperature signal in the Niño 3 and 4 regions is related to the

dominant mode of variability on decadal to centennial scales and the associated east-west

displacement (see Sec. 3.3).

For the dynamics of ENSO it is really the gradient in SST that matter. These are strength-

ened during warm NA phases and weakened during the cold phases (not shown, but also

evident in Fig.3.3) between about 160 ◦E and 120 ◦W, indicating as well a shift to more

dominant El Niño-like conditions during the cold NA phases. The cold NA phases are

furthermore associated with enhanced ENSO variability (see previous Sec. 3.2.1). The

linkage between SST gradients and ENSO variance is in good agreement with paleo-
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Figure 3.4.: Long term changes (50-year triangle smoothed) in thermocline depth [m] anoma-

lies (depth of the 15◦C-isotherm) in the equatorial east (red, averaged from about 4.5◦S − 8.5◦N

and 101◦W − 84.5◦W) and off-equatorial west (black, averaged from about 8.5◦N − 11.5◦N and

129.5◦E − 141◦E) Pacific.

reconstructions. Sadekov et al. (2013) finds that increased zonal gradients during the

(warm) early Holocene are associated with decreased ENSO variability, while the op-

posite is true for the (cold) deglaciation. However, their analysis only spans the time

until 20 kyr BC and thus covers only GS-1 and GS-2. The anti-correlation between the

strength of zonal SST gradients and ENSO variability is opposite to the relationship linear

ENSO models would predict (Sadekov et al., 2013; Timmermann, 2003). In CONT this

anti-correlation is a result of nonlinear ENSO amplitude modulations (further detail in

Sec.3.3). Closely linked to changes in SST gradients are those of the thermocline depth

and its slope. The mean thermocline depth (the thermocline is taken here as the annual

mean 15◦C-isotherm) in the tropical Pacific shallows by about 4 m over the first 500 years

and increases slightly during NA_w2 (not shown). Fig. 3.4 depicts the thermocline depth

anomaly for the western (black) and eastern (red) tropical Pacific. The thermocline depth

anomalies between east and west Pacific are anti-correlated and covary with the Atlantic

warm and cold phases. A shallower thermocline in the east Pacific (as during NA_w1

and NA_w2) allows colder water to be pumped up and thus increasing eastward propa-

gation of SST anomalies, corresponding to more La Niña-like conditions. At the same

time a deeper thermocline in the western Pacific during the NA warm phases (Fig. 3.4)

can lead to less upwelling and thus less cooling in the WPWP, also favouring more La
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Niña-like conditions. The weaker zonal winds (Fig. 3.5) during the NA cold phases over

Figure 3.5.: Upper panel: Zonal wind anomaly [m/s] between NA_w1 and NA_c1. Overlaying

contours show the 1000 year mean of the zonal wind component. The contour interval is 2 m/s and

negative contours represent easterly winds. Lower panel: Annual maximum zonal wind anomaly

averaged over the region of strongest changes (from 180 ◦W to 120◦W and 5◦S and 5◦N) in the

upper panel. The time series is smoothed by a triangular 30 year LP filter. The vertical red lines

indicate the onset of NA phase transitions, in terms of Greenland temperature.

the CP - the region of strongest SST gradients- can either be cause or consequence of the

weakened SST gradients. Weaker zonal winds over the region of strongest SST gradients

support weaker westward propagation of SST anomalies and simultaneously allowing for

less cold water being upwelled in the east (Fedorov and Philander, 2000) during the NA

cold phases, in accordance with more El Niño-like conditions. On the other hand weaker

SST gradients result in a weaker Walker circulation and hence causing weaker trade winds

(Gill, 1980).
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The average surface temperature of the WPWP (Fig. 3.7, here defined as the Pacific part

of the Indo-Pacific warm pool (annual mean SST being above 29◦C)) covary as well in

tandem with the NA phases. Warmer temperatures (by about 0.2◦C) are associated with

the warm NA phases. During the height of NA_c1 (around year 500, when a first weaken-

ing of the SLP anomaly in the NA occurs (cf. to Fig. 2.17)), no annual mean SSTs above

29.5 ◦C exist (this is the only time in the 1000-year CONT run). This can effect westerly

wind bursts, which are believed to play a role in triggering ENSO events. McPhaden

(1999) report that during the 1997-98 El Niño the strongest westerly surface winds and

atmospheric deep convection occurred only over areas with SST greater than 29◦C and

migrated eastward together with the 29◦C-SST isotherm.

a b

Figure 3.6.: (a) Tropical and southern hemisphere subtropical Pacific EOF 1 to 3 of LP filtered

SLP anomalies in units of Pa(std)−1. The corresponding PCs are shown in (b). The black vertical

lines indicate the onset of NA phase transitions, based on Greenland temperature.

For atmospheric deep convection and global teleconnections the Indo-Pacific warm

pool region is particular important (e.g., Branstator (1985)). Observations show that large

scale rising motion require SSTs that exceed a threshold of about 27.5 ◦C (Graham and
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Barnett, 1987).

Figure 3.7.: Average temperature of the WPWP (the area with annual mean SST ≥ 29 ◦C, from

about 128 ◦E on, i.e., without the Indian ocean part). A 15-year running mean is applied to the

time series. The red horizontal lines indicate the onset of the transitions in Greenland temperature.

Accordingly, reduced WPWP temperature are accompanied by reduced atmospheric

convection during NA cold phases as indicated by precipitation anomalies (Fig.3.8). The

dipole pattern between the eastern and western tropical Pacific closely resembles precipi-

tation anomalies resulting from changes in tropical atmospheric deep convection induced

by ENSO variability and are indicative of a weakening of the Walker circulation dur-

ing the NA cold phases (in accordance with the weaker easterlies). This dipole pattern in

precipitation is consistent with paleo-reconstructions that connect Greenland stadials with

decreased precipitation over the WPWP and dominant El Niño-like conditions (Stott et al.

(2002), based on magnesium/calcium composition and δ18O of planctonic foraminifera).

The maximum annual mean precipitation change occurs over the WPWP and accounts

for about 0.5 mm · day−1 (annual maximum change at the same location accounts for

about 1 mm · day−1, not shown) , a decrease of about 10 % compared to the 1000 year

mean (contours in Fig. 3.8). The pattern of precipitation changes associated with the
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Figure 3.8.: Precipitation anomaly [mm ·day−1] between NA_c1 and NA_w1. Overlaying contours

show the 1000 year mean. The spacing between contours is 2 mm · day−1.

NA phases corresponds to the second EOF of precipitation variability (not shown) in the

tropical Pacific (and the first EOF of LP filtered variability (Fig. A 3)) and is thus again

closely linked to the dominant decadal mode of variability and the associated east-west

displacement.

To assess the atmospheric circulation changes associated with the aforementioned mean

state changes, relevant for the connection to the NA phases, the EOFs and corresponding

PCs of 30-year LP filtered SLP anomalies in the tropical Pacific domain are presented.

The first EOF of HP filtered SLP (not shown) corresponds to the Southern Oscillation pat-

tern, with opposite sign anomalies of SLP to the east and west of Australia. The first EOF

of LP filtered variability is again linked to the east-west displacement of SST anomalies

with the same sign anomalies occurring over the Indian Ocean and off the coast of South

America and an opposite sign anomaly over Australia and Indonesia (Fig 3.6 (a), upper

panel). Increased SLP over Australia and Indonesia is associated with the NA cold phases,

again in accordance with more El Niño-like conditions and the aforementioned changes

in zonal winds. All three LP filtered PCs (Fig. 3.6 (b)) covary with the NA phases and

have 10-times smaller amplitudes (Pa(std)−1) than the HP filtered SLP variability. The
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third LP filtered EOF shows increased SLP during NA cold phases over the region of the

subtropical Pacific jet stream and is potentially relevant for southern Hemisphere changes

(further detail in Chapter 4).

3.2.2.1 Implications of mean background climate change for ENSO period

Changes in mean background have the potential to alter ENSO propagation structure and

through this amplitude and the dominant period. In the following we discuss the potential

effect of the above described changes in mean background for ENSO period.

The effect of decreasing mean thermocline depth is a shift to longer ENSO periods (Wang

and An, 2002; Fedorov and Philander, 2000), also present in CONT in association with

NA cold phase (see next Sec. 3.2.3). Fedorov and Philander (2000) describe that an in-

crease in the dominant ENSO period occurred (even though with low significance due

to short record of ENSO observations) between the late 1970s and early 1980s, together

with a weakening of the easterlies and an increase in thermocline depth in the eastern Pa-

cific. This switch in ENSO period is further accompanied by more dominant El Niño-like

conditions during the 80s and 90s. Fedorov and Philander (2000) describe two ideal-

ized modes of ENSO variability to explain the difference in pre- and post-shift ENSO

behaviour. Associated with their mode A (corresponding to the delayed oscillator (Suarez

and Schopf, 1988; Battisti and Hirst, 1989)) are intense winds in the CP, elevating the

thermocline in the eastern and deepening it in the western Pacific. This mode is asso-

ciated with eastward phase propagation. Their mode B has westward phase propagation

and is associated with a shallower mean thermocline. The effect on SST in this mode is

not through vertical movement of the thermocline but through entrainment of cold waters

across the thermocline. The second mode (B) is associated with warm anomalies that are

shifted towards the CP compared to mode A (cf. to their Fig. 3). Wang and An (2002) fur-

ther show that this switch in ENSO behaviour is associated with an east-west displacement

of SST gradients and zonal equatorial winds. The competition between zonal and vertical

advection results in either prevailing eastward or westward propagation of SST anomalies

(Wang and An, 2002). In the delayed oscillator paradigm (Suarez and Schopf (1988) and

Battisti and Hirst (1989)) the mechanism behind changes in the dominant ENSO period

in response to east-west displacements of SST anomalies, and associated with this the

equatorial zonal wind anomalies, is the increased/decreased distance the oceanic Rossby

waves have to travel before being reflected (Wang and An, 2002).
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3.2.3 Shifts in amplitude and dominant period of ENSO variability

We discussed in the previous sections evidences for changes in the tropical Pacific mean

climate and according changes in Niño 3.4 SST variance, associated with the NA phases.

If the mean background climate changes one would expect changes in ENSO structure and

propagation and thus in the dominant oscillation period and amplitude (e.g., Timmermann

(2003), Wang and An (2002)). Here we present evidence for ENSO amplitude modulation

and changes of the dominant oscillation period in tandem with the NA phases.

In order to assess the different periods of variability and possible changes between

the two different phases we present in the following results from a wavenumber 6 Mor-

let wavelet analysis (Fig. 3.9). The analysis follows the methodology of Torrence and

Compo (1998)). ENSO variability of CONT has higher amplitudes than observations by

about a factor of 2 (see Sec. 3.2). From Fig. 3.9 it becomes further clear that the period

of ENSO in CONT is in the upper end of observed ENSO variability. In CONT the peaks

that are significantly (95%) different from the red noise null hypothesis are located be-

tween 3 and 12 years (black contours in Fig. 3.9), whereas the observed ENSO variability

has a period between 2-8 years. Wavelet analysis of the second PC of unfiltered tropi-

cal Pacific SST anomalies (not shown), which is associated with the dominant decadal

mode (Sec. 3.3), reveals significant peaks with periods from 30 to 130 years (Fig.3.9

(b)). Furthermore, there are three time intervals (around year 300, 600 and 700) with no

significant variability in any frequency band (dark blue regions in Fig.3.9 (a)). We will

focus on these three periods in the next section. Lastly we see that during the first 300

years (corresponding to NA_w1) there is less variability and on shorter timescales than

during the rest of the simulation. This becomes even more evident from Fig. 3.10, de-

picting the scale averaged wavelet power from Fig. 3.9 over the 4 to 8 year ENSO band.

In the first 300 years (NA_w1) there is only one peak (around year 250) that crosses the

95%-confidence level (red horizontal line) and is thus significantly different from the red

noise hypothesis. This indicates that during NA_w1 there is no ENSO variability in the

4 to 8 year band (however, in the period band from 2 to 4 years there is, not shown). For

NA_w2 the picture is less clear. The variance is relatively low, however there are still two

peaks above the 95%-confidence level, despite the short duration (O(100 yr)) of NA_w2.

During both NA_c1 and NA_c2 there are plenty of phases where ENSO variability in

the 4 to 8 year band is present. So clearly there is higher ENSO variability during the

cold NA phases. That there is no significant ENSO variability in the 4 to 8 year band

during NA_w1, but it is commonly present in NA_c1 and NA_c2 indicates a shift of the

dominant ENSO period towards longer timescales during the cold NA phases. This shift

towards longer timescales of ENSO period agrees well with findings by Wang and An
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a

b

Figure 3.9.: Wavenumber 6 Morlet Wavelet analysis of (a) annual Niño 3.4 SST anomalies in units

of normalized variance (σ2). The black contours represent the 95%- confidence level assuming

red noise. The transparent regions on the sides of the figure represent the Cone of Influence, where

edge effects become important. (b) the same as in (a), but for the PC 2 of tropical SST (Fig. A 1).

The Figure was produced with the matlab toolbox of Grinsted et al. (2004)

(2002) for similar changes in the mean background climate of the tropical Pacific.
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3.2. Tropical Pacific inter- and intra- annual variability in CONT

Figure 3.10.: Scale averaged (4 to 8 year ENSO band) wavelet power from a wavenumber 6 Morlet

Wavelet analysis in units of normalized variance. The red line indicates the 95% confidence level,

assuming red noise (order 1 auto-regressive process with lag-1 auto-correlation of α = 0.72).

Figure 3.11 depicts time averaged and normalized variance from the wavelet analysis. The

mean over all 20 year periods from NA_c1 and NA_c2 (solid) and from both warm peri-

ods (dashed) are shown together with their standard deviation (blue-cold and red-warm).

Beside the fact that there is considerable variability between the single 20 year periods

(high std), there is a significant difference in variance between the warm and cold phases,

in particular for periods between 4 to 6 years (mean for the cold periods is above the upper

standard deviation of the warm phases for periods between ∼ 4 to 6 years).

To conclude, changes in dominant period of ENSO between the NA warm and cold phases

occur and accord well with changes in the mean background climate of the tropical Pa-

cific that can effect, through changes in propagation and structure, the dominant ENSO

period. The link between increased ENSO variability and dominant El Niño-like con-

ditions (i.e., weakened zonal gradients) during NA cold phases is counterintuitive. The

distribution of ENSO variability is distinctly skewed, thus any changes in variance of

ENSO, as identified above, will cause directly changes in the mean climate of the tropical

Pacific (Timmermann, 2003). The differences in the mean tropical Pacific climate (Sec.

3.2.2) could thus very well be the consequence rather than the cause of increased ENSO

variability. We shall see though in the following Sec. 3.3 that the aforementioned changes

in ENSO variance and mean state are in accordance with a mode of DEAMs identified by

Timmermann (2003).
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3. The tropical trigger

Figure 3.11.: Time averaged wavelet power from a wavenumber 6 Morlet Wavelet analysis in

units of normalized variance. The black lines show the mean over all 20-year periods from the

cold (solid) and warm (dashed) NA phases. The blue (red) lines show the std of this 20-year

averages for the cold (warm) phase.

3.3 From decadal to centennial scale tropical variability in CONT

In the previous section we described the differences in the tropical Pacific between NA_c1

and NA_w1 and highlighted the similarity of these anomalies to ENSO induced changes

and their relevance for ENSO variability. Decadal modes of tropical Pacific variability

have very similar spatial signatures, for example through modulating ENSO’s amplitude.

In this section we provide evidence that DEAMs can account for much of the aforemen-

tioned mean changes. NA warm phases correspond to dominantly positive phases of this

mode of variability, with El Niños (La Niñas) occurring further to the west (east) (Fig.

3.12 (c), upper panel). The opposite is true for NA cold phases. The findings in this sec-

tion are in good agreement with the characteristics of DEAMs in Timmermann (2003)’s

study. Furthermore global atmospheric circulation pattern associated with the decadal

mode are presented and found to be clearly linked to the NA atmospheric feedback.

The first EOF (Fig. A 1, upper panel) of tropical Pacific SST anomalies is the “classical”

ENSO signal, with an equatorial confined cold tongue to the east and a broader opposite

sign anomaly to the west. The first EOF of 20yr LP filtered SST anomalies (Fig. 3.12 (b),

upper panel; and the second EOF Fig. A 1, lower panel) resemble a pattern that is known

under many different names. Ashok et al. (2007) termed it El Niño Modoki (also as the

second EOF, while the first EOF is the “classical ENSO” or east Pacific (EP) El Niño).
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3.3. From decadal to centennial scale tropical variability in CONT

Other names of the Modoki mode are for example central Pacific (CP) El Niño (Kao

and Yu, 2009) or Date Line El Niño (Larkin and Harrison, 2005). We refer to it in the

following as Modoki mode or pattern.

The Modoki pattern (EOF2 of unfiltered SST anomalies or EOF 1 of LP filtered SST

anomalies) is clearly less equatorial confined than the classical cold tongue El Niño pat-

tern (EOF1 in Fig.3.13 (a)) The Modoki mode is the dominant pattern of variability on

decadal timescales, as inferred from the first EOF (explaining ∼ 45% of variability) of

the 20-year LP filtered tropical Pacific SST anomalies. It is clearly associated with the

NA phases (Fig.3.12 (c), upper panel), with El Niños (La Niñas) occurring further to the

west (east) during the warm phases and in accordance with the findings of Timmermann

(2003). The Modoki mode can be interpreted as an east-west displacement of the main

center of action of ENSO variability (Fig. 3.12 (b), upper panel). The phases are most

pronounced in the third EOF and the transitions tend to occur after the transition in the

first EOF (Fig. 3.12 (c), lower panel), but explains only 7 % of the total LP filtered SST

anomaly variability.

Figure 3.14.: Niño 3.4 30-year running std in red and PC2 of tropical Pacific SST anomalies

smoothed by a 30-year running mean in black. (a) for CONT, black vertical lines indicate the

onset of NA phases based on Greenland temperature. (b) for HI.
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3. The tropical trigger

The Modoki mode in CONT has a timescale of ∼ 20 to 130 years (Sec. 3.2.3, Fig.3.9

(b) and e.g., Fig.3.12 (c), upper panel) and dominantly positive phases - with El Niños

(La Niñas) occurring farther to the west (east) - correspond to warm and dominantly

negative phases of this mode to cold NA phases (Fig. 3.12 (b) and (a), upper panel). As-

sociated with this mode of variability are besides SST changes, variations in the Pacific

thermocline depth (Fig. 3.16). The cold phases are associated with warming (cooling) in

subsurface temperature to the east (west) of about 0.5 ◦C. and hence a deepening of the

thermocline in the east and accordingly a reduction of the thermocline slope.

A comparison of the 30-year running mean Modoki mode and 30-year Niño 3.4 SST std

yields a correlation of 0.77 (Fig.3.14 (a)). Furthermore we see that enhanced Niño 3.4

SST std is linked to cold NA phases. The Modoki mode - the east-west displacement

of ENSO’s center of action, the ENSO amplitude modulations and the thermocline depth

anomalies - has the same characteristics as the DEAM mode identified by (Timmermann,

2003), who suggests that this mode originates from within the tropics. The author shows

that the DEAMs are not a forced response to decadal mean state changes (the east-west

displacement) and do not behave in a simple linear cause-consequence relation. Instead

it is suggested that DEAMs and the east-west displacement are the expression of coupled

nonlinear dynamics. The author illustrates that a homoclinic bifurcation scenario can

account for ENSO amplitude modulation on longer timescales than predicted by linear

theory.

Differences between the findings of Timmermann (2003) and CONT exist in the ampli-

tude of changes and in the timescales. In Timmermann (2003)’s study the subsurface

temperature anomalies reach values in excess of 2 ◦C whereas in CONT the amplitude

has maximum values of 0.5 ◦C. However, the 0.5 ◦C anomaly in CONT corresponds to

the difference between NA warm and cold phases that are linked to dominant positive

and dominant negative phases of the Modoki mode, respectively. The 2 ◦C in Timmer-

mann (2003)’s study are associated with the 16 year timescale of a ’single’ DEAM. The

timescale of DEAMs is longer and less regular in CONT (∼ 20 − 100 years, see Fig. 3.9

(b) and Fig.3.14, upper) than the 16 year timescale found by Timmermann (2003). A

possible explanation could be the different ENSO periods in CONT (a dominant period

of 6 years) and in Timmermann (2003)’s study (dominant period of 2-3 years).

Evidence for ENSO modulation on decadal timescales comes furthermore from obser-

vations. Zhang et al. (1997) identified two major shifts of ENSO-like variability by

analysing different reanalysis products. Their identified ENSO-like variability pattern

is less equatorial confined (as in CONT) and has a stronger SLP signature in the extrat-
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3.3. From decadal to centennial scale tropical variability in CONT

ropical northern Hemisphere than ENSO variability.

3.3.1 Atmospheric circulation pattern associated with the Modoki
mode

In particular for global atmospheric circulation changes the east-west displacement of

ENSO is relevant. Yin and Battisti (2001) point out, that it is the pattern of tropical Pa-

cific SST anomalies that determine the atmospheric circulation changes on a global scale

rather than the amplitude. It is thus expected that the global teleconnections of the Modoki

mode are different from the spatial teleconnection pattern of the “classical ENSO” mode.

Indeed Ashok et al. (2007) finds that the teleconnections of El Niño Modoki resemble in

many regards rather the one of a La Niña.

To assess global atmospheric circulation changes associated with the identified mode of

ENSO-like variability we show global regression pattern between SLP and PCs of ENSO-

like (LP filtered) and ENSO (HP filtered) variability (Fig. 3.12 (c) and (d), respectively).

The global SLP field associated with EOF1 of LP filtered tropical Pacific SST variability

(Fig. 3.12 (a), upper) is characterized by distinct SLP anomalies in the high latitudes

of both Hemispheres. Negative phases of this mode (linked with the cold NA phases

and enhanced convection over the WPWP) are correlated with a weakened Aleutian Low,

strengthened SLP over the Weddell Sea and decreased SLP over the Ross Sea. The latter

is potentially relevant for a southern Hemisphere response to the NA phases and is dis-

cussed in further detail in Chapter 4. The most prominent feature is the increased SLP

over the LS region and can be clearly linked to the atmospheric feedback to sea ice in-

crease during NA_c1 in the LS (cf. Fig. 2.4 and Fig. 2.12 and corresponding text). The

teleconnection pattern of HP filtered tropical Pacific SST anomalies are in principal sim-

ilar to the LP filtered ones, but reveal a distinctly different SLP pattern in the NA (cf.

Fig. 3.12 (c), upper panel to Fig. 3.13 (a), upper panel). Although the SLP anomalies

of the HP filtered SSTs have in general a higher amplitude (by a factor of ∼ 2, note the

different color scales), this is not true for the NA, where the SLP anomalies resemble the

NAO (in accordance with typical ENSO teleconnections) and have an amplitude of ∼ 25

Pa(std)−1. The maximum NA SLP anomaly associated with the LP filtered SSTs has an

amplitude of 70 Pa(std)−1. A possible explanation for the relation between the SLP in the

NH (in the North Atlantic, but in particular the Aleutian Low) and the tropical Pacific SST

mode of variability is Rossby wave propagation. Enhanced (decreased) convection over

the WPWP - as seen for NA_c1 (NA_w1) - cause vortex stretching (squeezing), required
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3. The tropical trigger

for Rossby wave propagation (Hoskins and Karoly, 1981).

The correlation between the 30-year running std of Niño 3.4 SST anomalies and 30-year

running mean NA SLP anomalies is ∼ 0.6 and has maximum correlation around 0-lag,

consistent with both, the tropical Pacific or the NA leading by a couple of years (Fig.3.15).

Figure 3.15.: Scatter plot of 30-year running std of Niño 3.4 SST anomalies (red curve in Fig.

3.14 (a)) and annual minimum SLP in the NA (averaged from 65◦W − 10◦E and 50◦N − 75◦N)

smoothed by a 30-year running mean at 0-lag.

So clearly there is evidence for two different states in the tropical Pacific - in terms

of mean climate as well as in ENSO variance - that covary with the changes between

warm and cold NA phases. This section suggests that the Modoki mode accounts for

much of the tropical Pacific differences between NA warm and cold phases. Furthermore

Timmermann (2003) shows that this mode can be generated by nonlinear dynamics in the

tropics. This supports our earlier speculations (Sec.2.4.2) that tropical variability could

trigger the NA cold and warm phases. However, there exist several conceivable ways of

how the tropical Pacific and the NA are linked. Therefore in the next section we will

discuss these different possible linkages and their evidence in CONT.
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Figure 3.16.: Temperature anomaly [◦C] between NA_w1 and NA_c1 (warm - cold) for a merid-

ional average from 10◦S to 10◦N across the Pacific. Contours show the position of the long term

mean of the 10◦-, 15◦- and 20 ◦-Isotherm. The 15◦C-Isotherm is thick.

3.4 Discussion of possible relations between the NA and the tropics

It is not possible to establish cause and effect of the tropical- extra-tropical connection in

CONT in terms of a lead/lag correlation. Both, a lead or a lag, by a couple of years of

the tropical Pacific relative to the NA phases would be consistent with the time span of

maximal correlation. There are four conceivable possibilities of how the NA phases and

the associated changes in the tropical Pacific could be linked.

• the phases in the NA and the tropical Pacific could be unrelated and occur only

coincidentally at the same time. However, we consider the chance that 3 climate

transitions with different climate conditions lasting over several centuries occur in a

1000 year long simulation at the same time independently in the NA and the tropical

Pacific as unlikely and do not discuss it further.

• something third causes the transitions in both the tropical Pacific and the NA (e.g.,

southern Hemisphere changes). However, we find no indications for significant
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changes outside of the tropical Pacific and the NA in CONT (Chapter 2) and this

possibility finds thus also no further consideration.

• tropical variability is caused by NA warm and cold phases (e.g., as in Zhang and

Delworth (2005) and Dong and Sutton (2002))

• the tropical phases are intrinsic to the tropics (e.g., the aforementioned Modoki

mode) and trigger the NA phases through e.g., Rossby wave propagation

In Sec. 3.4.1 the third hypothesis is explored and it is demonstrated that essential parts

of the pathway, connecting the NA and the tropical Pacific, suggested by Zhang and Del-

worth (2005) are absent in CONT. Thus if the NA phases were causing the tropical Pacific

phases, a mechanism different from the one suggested by Zhang and Delworth (2005) has

to be responsible.

In the previous section we hypothesised that the Modoki mode does not depend on ex-

tratropical dynamics and causes the NA phases. We support this idea in Sec. 3.4.2 by

presenting evidence for similar centennial scale tropical Pacific variability in HI, where

no NA warm and cold phases occur.

3.4.1 Comparison to Zhang and Delworth (2005)

The spatial pattern of precipitation anomalies (Fig. 3.8) - indicative of atmospheric con-

vection differences - in the equatorial Pacific between NA warm and cold phases in CONT

(weakening and eastward shift of the Walker circulation during NA_c1) are very similar

to the response of the tropical Pacific to freshwater hosing in the NA performed by Zhang

and Delworth (2005) and Dong and Sutton (2002). The physical mechanism of altered at-

mospheric tropical Pacific convection suggested by Zhang and Delworth (2005) and Dong

and Sutton (2002) is summarized schematically by Clement and Peterson (2008) in Fig.

3.17. In the following this mechanism is briefly summarized and compared to changes in

CONT.

Dong and Sutton (2002) show that the southward migration of the Atlantic ITCZ, asso-

ciated with freshwater induced cooling (warming) of the NA (South Atlantic), trigger a

single El Niño event after 7 to 8 years, suggesting that coupled ocean-atmosphere adjust-

ments to NH cooling can connect the Atlantic and tropical Pacific way faster than ocean

processes alone. The timescale of about 8 years would be still fast enough to be relevant

for linking the NA and tropical Pacific in CONT (cf. Fig. 3.15 and corresponding text).

However, essential parts of the suggested pathway are not present in CONT, indicating
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3.4. Discussion of possible relations between the NA and the tropics

that an other mechanism must exist for the linkage of NA phases and the tropical Pacific.

Figure 3.17.: Schematic of tropical zonal linkages in response to NA cooling, taken from Clement

and Peterson (2008) and based on the mechanism suggested by Zhang and Delworth (2005) and

Dong and Sutton (2002). Process 2 (the southward migration of the ITCZ in the Atlantic is present

in CONT, too. However, the amplitude of the tropical Atlantic changes is negligible compared to

Zhang and Delworth (2005)’s study. See text for further detail.

The numbers in the following paragraph refer to the study by Zhang and Delworth

(2005), but are representative for both studies. The fresh water hosing in the NA causes

an abrupt weakening (O(14 S v)) of the maximum AMOC to ∼ 5 S v. The reduced heat

transport associated with the reduced AMOC causes large scale cooling of the surface

Atlantic Ocean by up to 10 ◦C locally and still up to 4 ◦C in the tropical NA, as well

as a distinct warming (up to ∼ 2.5◦C) in the southern Atlantic. The large scale cooling

causes a pronounced southward displacement of the tropical Atlantic ITCZ which is a

robust model response to a weakening of the AMOC strength (e.g., Chiang et al. (2008);

Kageyama et al. (2013)). The southward migration of the ITCZ weakens the SH Hadley

cell and causes a reduction of the SH subtropical jet. A southward shift of precipitation

occurs as a result of the displacement of maximum vertical velocities. The changes in

tropical Atlantic precipitation, due to the southward displacement of the ITCZ, amount

to 4.3 mm · day−1. The zonal connection from the NA to the eastern Pacific arises from

the strong cooling in the NA off the central American coast (with reduced precipitation)

that increases SLP here and over the northeastern tropical Pacific. As a result the Hadley

circulation in the eastern Pacific weakens and causes an equatorial asymmetric pattern.

The anomalous southward winds associated with the weaker Hadley circulation result in

enhanced upwelling and cooling north of the equator and anomalous downwelling and
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warming south of the equator. The cross-equatorial SST anomalies reinforce the anoma-

lous Hadley circulation. The increased SST in the southeastern tropical Pacific eventually

decrease the Walker circulation (Zhang and Delworth, 2005).

The Atlantic ITCZ migrates as well southward in CONT during NA_c1 (Fig. 3.18). There

is a small intensification of the northeasterly trade winds, which seems to be a general

feature of tropical Atlantic response to the southward shift of the Atlantic ITCZ, inferred

from GCM simulations (Chiang et al., 2008; Lee et al., 2011). However, the maximum

difference in precipitation in the tropical Atlantic amounts only to 0.1 mm · day−1. The

changes in tropical Atlantic precipitation due to ITCZ shifts are thus by a factor of 40

smaller than in the findings of Zhang and Delworth (2005).

Figure 3.18.: From Rheinlaender (2015): Difference in precipitation (shading, mm day−1) and

wind-stress (vectors, N m−2) between the cold (year 400-550) and the warm phase (year 50-250)

over the tropical Atlantic region. Vectors correspond to the zonal and meridional components of

the anomalous wind-stress and a reference vector of length (0.005 N m−2) is plotted in the lower

left corner for comparison. Contour interval is 0.05 mm day−1. The precipitation anomalies are

indicative of a minor southward shift of the Atlantic ITCZ.

The hampered atmospheric response in CONT is the result of two key differences be-

tween the NA phases in CONT and the fresh water induced cooling situation in Zhang and

Delworth (2005). Firstly, the AMOC changes in association with the NA phases in CONT

are minor compared to the fresh water hosing experiments (in CONT O(4 S v), amounting

to a maximum AMOC during the cold phase of ∼ 20 S v). Secondly and closely linked to

the former, the strong cooling in CONT is confined to the LS and Greenland. In a zonal

average the areas north of 40◦N still cool by about 1◦C, the remainder of the NA cools

only by 0 to 0.5 ◦C. However, the tropical Pacific precipitation and circulation changes

are of the same order of magnitude as in Zhang and Delworth (2005)’s study (the pre-

cipitation difference in annual maximum precipitation between NA_c1 and NA_w1 is 1

mm ·day−1 and in annual average 0.5 mm ·day−1). Furthermore SLP anomalies associated
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3.4. Discussion of possible relations between the NA and the tropics

with the NA warm and cold phases in CONT are confined to the western Pacific (Fig. 3.6

and 3.12). The lack of increased SLP in the eastern Pacific can be explained by the weak

cooling in the NA off the central American coast in CONT. No signature - an equatorial

asymmetric pattern in SST and precipitation anomalies - of a weakened Hadley circula-

tion is found in CONT. This implies that the second essential part of Zhang and Delworth

(2005)’s pathway - the weakening of the Hadley circulation in the eastern Pacific - is also

not present in CONT.

The mechanism connecting the tropical Pacific and the NA cooling, suggested by Zhang

and Delworth (2005) and Dong and Sutton (2002) cannot account for the big share of

tropical Pacific changes in CONT. This is most likely a consequence of a minor decrease

of AMOC strength and the associated marginal ITCZ shift in the tropical Atlantic in

CONT. This indicates further that a different physical mechanism connecting the tropical

Pacific and the NA must be present in CONT. However, the NA cooling might reinforce

the original precipitation anomalies in the tropical Pacific.

3.4.2 Tropical variability causing the NA phases

In the following we focus on the presence of similar decadal to centennial scale modes

of ENSO variability in HI, where no NA cold and warm phases occur. This suggests that

the tropical mode of centennial scale ENSO modulation originates in the tropical Pacific,

further supporting our conclusions drawn in the previous section (Sec.3.3).

Figure 3.19 shows EOF 1 to 3 pattern of tropical Pacific SST anomalies and the re-

gression between the corresponding PCs and global SLP anomalies for HI. The analysis

is split into the HP and LP filtered components of SST anomalies (same as in Fig. 3.12

for CONT). The spatial pattern of the LP filtered EOF 1 is identical to the LP filtered

EOF 1 in CONT, but explains about 10% less of the low frequency variability (31.9% in

HI versus 44.9% in CONT, cf. Fig.3.12 (b), upper panel and Fig.3.19 (b), upper panel).

Furthermore the amplitude of SST variations with this mode in HI is smaller by about

a factor of 2, compared to CONT. In most areas the SLP anomalies associated with this

mode accord with the spatial pattern of SLP anomalies in CONT (cf. Fig. 3.19 (a), upper

panel and Fig. 3.12 (a), upper panel). Minor differences in the pattern of the Aleutian

low exist. However, the most prominent SLP anomaly over the Baffin Bay area and the

LS - present in CONT - is lacking in HI. In CONT we find the clear signature of the at-

mospheric feedback to sea ice anomalies in the LS during the cold and warm NA phases

(cf. Fig.2.4 (d) and Fig.2.12) with a maximum SLP response of 0.7 hPa(std)−1 of SST

anomalies. In HI we find only a weak relationship of 0.1 hPa(std)−1 between the SLP in
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3.4. Discussion of possible relations between the NA and the tropics

the Baffin Bay area and the Modoki mode of SST anomalies. The Modoki mode in

HI has in general weaker teleconnections than in CONT with a maximum amplitude of

about 0.4 hPa(std)−1 of SST anomalies (e.g., above the Bellinghausen Sea, the Aleutian

Arc and the subtropical Pacific).

ENSO (HP filtered) variability in HI has stronger teleconnections in the southern Hemi-

sphere than CONT. The EOF 1 of HP filtered SST anomalies in HI reveals a “classical

ENSO” cold-tongue pattern that is slightly more equatorial confined than in CONT (cf.

Fig.3.13 (a), middle panel and Fig.3.13 (b), middle panel). The spatial pattern of the

Southern Oscillation (SO) is clearly stronger pronounced in HI.

When considering the PC (Fig. 3.19 (c), upper panel) of the Modoki mode it becomes

clear that phases of dominant positive and negative conditions alternate on centennial

timescales. For example the periods between year 300-450 and 750-850 are dominated

by negative phases of the Modoki mode - with El Niños (La Niñas) occurring farther to

the east (west) - while for example years 250 to 350 are dominated by positive phases.

The timescale of O(100yr) appears as well in a wavelet analysis of the second PC of un-

filtered SST anomalies (Fig. A.2 ) and can also be seen in Fig.3.14 (b).

The different phases of the Modoki mode do not only appear in the EOF analysis, but also

in precipitation anomalies between these phases (Fig. 3.20 (a)), in SST and thermocline

depth anomalies between east and west Pacific (not shown). Furthermore the increased

ENSO variance associated with the Modoki mode is also present (cf. 30-year running

mean of PC2 of unfiltered SST anomalies (black) and 30-year running std of Niño 3.4

SST anomalies (red) in Fig.3.14, lower panel). The main difference between CONT and

HI in this regard is the overall smaller amplitude of SST variability in HI and the reduced

teleconnection pattern of ENSO-like variability (in terms of SLP anomalies per std of SST

anomalies) compared to CONT. In particular in the LS and the NA region the differences

are pronounced. The presence of this centennial scale variability in both HI and CONT

together with the fact that no NA warm and cold phases occur in HI suggests that it is not

the NA phases that cause the centennial scale tropical Pacific variability. However, the

tropical Pacific phases might very well be amplified by the NA phases. An indication for

this could be the higher amplitudes of SST anomalies associated with the Modoki mode

in CONT.
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3. The tropical trigger

Figure 3.20.: Precipitation anomaly [mm · day−1] between simulation year 330 to 450 and 230 to

320 in HI. Overlaying contours show the 1300 year mean. The spacing between contours is 2

mm · day−1.

3.5 Discussion & Summary

3.5.1 Discussion

Changes in CONT in the tropical Pacific are relative small (at least compared to the NA)

and thus it might seem unlikely that these changes are responsible for the large scale

changes in the NA. However, Yin and Battisti (2001) have demonstrated that it is rather

the spatial pattern of SST anomalies in the tropical Pacific that matter for the large scale

atmospheric circulation and teleconnections to high latitudes. In fact they find that a sce-

nario with different spatial SST pattern in the tropical Pacific and a mean SST change of

about 1 ◦C has stronger effects than a uniform cooling of about 3 ◦C, applied over the

entire tropical Pacific.

The Modoki mode manifests itself as an east-west displacement of ENSO’s center of ac-

tivity. Support for such mode switches on decadal scales comes from observations of

ENSO-like variability (e.g., Zhang et al. (1997); Giese and Ray (2011); Fedorov and Phi-

lander (2000) and Wang and An (2002)). A shift of ENSO’s center of action in association
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with NA cooling has further implications. In a recent study Karamperidou et al. (2015)

suggest a shift between dominance of EP and CP El Niños during the Holocene. They

suggest that a shift between CP and EP ENSO flavours can potentially help to disentangle

conflicting information about past ENSO variability from different paleo-proxies. Various

proxies record ENSO’s teleconnections, rather than ENSO variability itself. Teleconnec-

tions of EP and CP ENSO types differ substantially (Wang et al., 2012; Karamperidou

et al., 2015) In particular the influence on Indian and east Asian monsoon appears to be

stronger for CP type ENSO variability (e.g., Kumar et al. (2006) and Zhang et al. (2011)).

We argued in this chapter that the Modoki mode does not depend on extra-tropical dy-

namics and supported this hypothesis with evidence for the presence of centennial scale

ENSO-like variability in HI. However, the possibility that something third triggers both

the NA phases and the tropical Pacific changes in CONT, but fails to trigger changes in

the NA in HI cannot be discarded. Targeted experiments with modified tropical Pacific

SST anomalies could give further insight in the cause and effect relationship between the

tropical Pacific and the NA.

3.5.1.1 ENSO phase lock

Figure 3.21.: SST anomaly (◦C) averaged over all phase lock years (annual Niño 3.4 SST anomaly

does not exceed ±0.5 ◦C for a minimum of 5 years), relative to 1000 year long term mean in

CONT.
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3. The tropical trigger

Clement et al. (2001) identify a mechanism by which slowly varying orbital forcing can

alter ENSO behaviour and through this can give rise to abrupt millennial scale climate

variability on a global scale. Due to non-linear interaction of ENSOs intrinsic timescale

with the seasonal cycle the dominant period of ENSO changes. Under certain orbital con-

ditions - and when the ENSO system transitions from one dominant period regime to the

other - ENSO variability can lock completely to the annual cycle. The reason for this be-

ing that when ENSO transitions from one period regime to another it is not able to prefer

one and thus locks to the forcing (i.e., the seasonal cycle). This complete phase lock of

ENSO (Niño 3.4 SST anomalies do not exceed 0.5 ◦C for a minimum of 5 years) lasts,

depending on eccentricity, for a decade up to several centuries. Clement et al. (2001)

identified a La Niña like pattern in SST in association with the phase lock events.

We have identified changes in ENSO period in association with dominant positive and

negative phases of the Modoki mode. Motivated by Clement et al. (2001)’s study we

identify 11 phase lock events in CONT (i.e., annual mean Niño 3.4 SST anomalies do not

exceed 0.5 ◦C for a minimum of 5 years). Two of these events last 6 and 7 years occurring

shortly before the transition between NA_w1 to NA_c1 (year 294-299 and 309-313) and

the transition between NA_w2 and NA_c1 (year 688-693 and 695-702). This phase lock

is also visible in the wavelet spectrum, with almost zero variance in all period bands (dark

blue colors in Fig. 3.9 (a) and (b)). All other phase lock events appear to occur as well

in association with a phase switch of the Modoki mode. The SST pattern in CONT asso-

ciated with all phase lock events is depicted in Fig. 3.21 and is almost identical over all

these events. The SST anomalies of the phase lock events are similar to the spatial pattern

of SST anomalies associated with the Modoki mode. An alternative hypothesis to test in

the future is thus, that the switch - and the associated muted ENSO variability - between

dominant positive and negative phases trigger the NA climate transitions.

3.5.2 Summary

The tropical Pacific mean climate fluctuates between more dominant El Niño-like and La

Niña-like conditions, in tandem with the NA cold and NA warm phases. These mean cli-

mate changes are in accordance with a tendency towards longer periods of ENSO during

NA cold phases. At the same time the variance of Niño 3.4 SST anomalies increases,

which can cause - as a direct consequence of the skewed ENSO distribution, with warm

events tending to attain higher amplitudes - El Niño-like conditions.

The increased variance is associated with a mode of ENSO-like variability (Modoki

mode) that manifests as an east-west displacement of ENSO’s center of action. El Niños
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are displaced farther to the east and La Niñas to the west during NA cold phases. The

characteristics of the Modoki mode are in accordance with the findings of Timmermann

(2003), though DEAMs in Timmermann (2003)’s study feature a decadal time scale. The

author suggests that mean changes and ENSO amplitude modulation are both the expres-

sion of coupled nonlinear dynamics, without requiring extratropical dynamics.

The Modoki mode is correlated with SLP anomalies over the NA and feature the char-

acteristic signature of the NA atmospheric feedback to sea ice anomalies in the LS. A

mode of centennial scale ENSO-like variability with the same characteristics as in CONT

is identified in HI. No NA warm and cold phases occur in HI, supporting further our hy-

pothesis that the ENSO-like changes in CONT are not a consequence of the NA phases.

Lastly, it is shown that a mechanism - suggested by Zhang and Delworth (2005) and Dong

and Sutton (2002) - by which NA cold phases could induce similar tropical Pacific precip-

itation anomalies as seen in CONT, cannot account for the big share of these anomalies

in CONT. This is most likely a consequence of a minor decrease in AMOC in association

with the NA cold phases in CONT and consequently a negligible southward migration of

the Atlantic ITCZ.

Motivated by the findings of Clement et al. (2001), we discussed an alternative hypothe-

sis - related to muted ENSO variability in association with switches between positive and

negative phases of the Modoki mode.

101



Bibliography

Bibliography

Ashok, K., S. K. Behera, S. A. Rao, H. Weng, and T. Yamagata, 2007: El Niño Modoki

and its possible teleconnection. Journal of Geophysical Research: Oceans (1978–

2012), 112 (C11).

Battisti, D. S., and A. C. Hirst, 1989: Interannual variability in a tropical atmosphere-

ocean model: Influence of the basic state, ocean geometry and nonlinearity. Journal of

the Atmospheric Sciences, 46 (12), 1687–1712.

Bjerknes, J., 1969: Atmospheric teleconnections from the equatorial Pacific 1. Monthly

Weather Review, 97 (3), 163–172.

Branstator, G., 1985: Analysis of general circulation model sea-surface temperature

anomaly simulations using a linear model. Part I: Forced solutions. Journal of the at-

mospheric sciences, 42 (21), 2225–2241.

Chiang, J. C., W. Cheng, and C. M. Bitz, 2008: Fast teleconnections to the tropical

Atlantic sector from Atlantic thermohaline adjustment. Geophysical Research Letters,

35 (7).

Clement, A. C., M. A. Cane, and R. Seager, 2001: An Orbitally Driven Tropical Source

for Abrupt Climate Change. Journal of Climate, 14 (11), 2369–2375.

Clement, A. C., and L. C. Peterson, 2008: Mechanisms of abrupt climate change of the

last glacial period. Reviews of Geophysics, 46 (4).

Deser, C., and Coauthors, 2012: ENSO and Pacific decadal variability in the Community

Climate System Model version 4. Journal of Climate, 25 (8), 2622–2651.

Ding, Q., J. M. Wallace, D. S. Battisti, E. J. Steig, A. J. Gallant, H.-J. Kim, and L. Geng,

2014: Tropical forcing of the recent rapid Arctic warming in northeastern Canada and

Greenland. Nature, 509 (7499), 209–212.

Dong, B.-W., and R. Sutton, 2002: Adjustment of the coupled ocean–atmosphere sys-

tem to a sudden change in the thermohaline circulation. Geophysical Research Letters,

29 (15), 18–1.

Fedorov, A. V., and S. G. Philander, 2000: Is El Niño changing? Science, 288 (5473),
1997–2002.

102



Bibliography

Giese, B. S., and S. Ray, 2011: El Niño variability in simple ocean data assimila-

tion (SODA), 1871–2008. Journal of Geophysical Research: Oceans (1978–2012),

116 (C2).

Gill, A., 1980: Some simple solutions for heat-induced tropical circulation. Royal Mete-

orological Society, Quarterly Journal, 106, 447–462.

Graham, N., and T. Barnett, 1987: Sea surface temperature, surface wind divergence, and

convection over tropical oceans. Science, 238 (4827), 657–659.

Grinsted, A., J. C. Moore, and S. Jevrejeva, 2004: Application of the cross wavelet trans-

form and wavelet coherence to geophysical time series. Nonlinear processes in geo-

physics, 11 (5/6), 561–566.

Guilyardi, E., 2006: El Niño–mean state–seasonal cycle interactions in a multi-model

ensemble. Climate Dynamics, 26 (4), 329–348.

Hoskins, B. J., and D. J. Karoly, 1981: The steady linear response of a spherical atmo-

sphere to thermal and orographic forcing. Journal of the Atmospheric Sciences, 38 (6),
1179–1196.

Kageyama, M., and Coauthors, 2013: Climatic impacts of fresh water hosing under Last

Glacial Maximum conditions: a multi-model study. Climate of the Past, 9 (2), 935–953,

doi:10.5194/cp-9-935-2013.

Kao, H.-Y., and J.-Y. Yu, 2009: Contrasting eastern-Pacific and central-Pacific types of

ENSO. Journal of Climate, 22 (3), 615–632.

Karamperidou, C., P. N. Di Nezio, A. Timmermann, F.-F. Jin, and K. M. Cobb, 2015: The

response of ENSO flavors to mid-Holocene climate: Implications for proxy interpreta-

tion. Paleoceanography.

Kumar, K. K., B. Rajagopalan, M. Hoerling, G. Bates, and M. Cane, 2006: Unraveling

the mystery of Indian monsoon failure during El Nino. Science, 314 (5796), 115–119.

Larkin, N. K., and D. Harrison, 2005: Global seasonal temperature and precipitation

anomalies during El Niño autumn and winter. Geophysical Research Letters, 32 (16).

Lee, S.-Y., J. C. Chiang, K. Matsumoto, and K. S. Tokos, 2011: Southern Ocean wind

response to North Atlantic cooling and the rise in atmospheric CO2: Modeling per-

spective and paleoceanographic implications. Paleoceanography, 26 (1).

103



Bibliography

McPhaden, M. J., 1999: Genesis and evolution of the 1997-98 El Niño. Science,

283 (5404), 950–954.

Rheinlaender, J., 2015: Interhemispheric climate variability in a pre-industrial control

simulation of CCSM4. M.S. thesis, University of Copenhagen, Niels Bohr Institute,

Danmark.

Sadekov, A. Y., R. Ganeshram, L. Pichevin, R. Berdin, E. McClymont, H. Elderfield, and

A. W. Tudhope, 2013: Palaeoclimate reconstructions reveal a strong link between El

Nino-Southern Oscillation and Tropical Pacific mean state. Nature communications, 4.

Shields, C. A., D. A. Bailey, G. Danabasoglu, M. Jochum, J. T. Kiehl, S. Levis,

and S. Park, 2012: The Low-Resolution CCSM4. J. Climate, 25 (12), 3993–4014,

doi:10.1175/JCLI-D-11-00260.1, [http://journals.ametsoc.org/doi/abs/10.1175/JCLI-

D-11-00260.1].

Stott, L., C. Poulsen, S. Lund, and R. Thunell, 2002: Super ENSO and global climate os-

cillations at millennial time scales. Science, 297 (5579), 222–226, doi:10.1126/science.

1071627.

Suarez, M. J., and P. S. Schopf, 1988: A delayed action oscillator for ENSO. Journal of

the atmospheric Sciences, 45 (21), 3283–3287.

Timmermann, A., 2003: Decadal ENSO amplitude modulations: A nonlinear paradigm.

Global and Planetary Change, 37 (1), 135–156.

Timmermann, A., S. J. Lorenz, S.-I. An, A. Clement, and S.-P. Xie, 2007: The effect of

orbital forcing on the mean climate and variability of the tropical Pacific. J. Climate,

20 (16), 4147–4159, doi:10.1175/JCLI4240.1.

Torrence, C., and G. P. Compo, 1998: A practical guide to wavelet analysis. Bulletin of

the American Meteorological society, 79 (1), 61–78.

Tziperman, E., S. E. Zebiak, and M. A. Cane, 1997: Mechanisms of seasonal-ENSO

interaction. Journal of the atmospheric sciences, 54 (1), 61–71.

Vavrus, S., M. Notaro, and Z. Liu, 2006: A Mechanism for Abrupt Climate Change

Associated with Tropical Pacific SSTs. Journal of climate, 19 (2), 242–256.

Wang, B., and S. An, 2002: A mechanism for decadal changes of ENSO behavior: Roles

of background wind changes. Climate Dynamics, 18 (6), 475–486.

104



Bibliography

Wang, C., C. Deser, J.-Y. Yu, P. DiNezio, and A. Clement, 2012: El Nino and southern

oscillation (ENSO): a review. Coral Reefs of the Eastern Pacific, 3–19.

Wittenberg, A. T., 2009: Are historical records sufficient to constrain ENSO simulations?

Geophysical Research Letters, 36 (12).

Yin, J. H., and D. S. Battisti, 2001: The importance of tropical sea surface temperature

patterns in simulations of Last Glacial Maximum climate. Journal of Climate, 14 (4),
565–581.

Zhang, R., and T. L. Delworth, 2005: Simulated tropical response to a substantial weak-

ening of the Atlantic thermohaline circulation. Journal of Climate, 18 (12), 1853–1860.

Zhang, W., F.-F. JIN, J. LI, and H.-L. REN, 2011: Contrasting Impacts of Two-Type El

Niño over the Western North Pacific during Boreal Autumn. Journal of the Meteoro-

logical Society of Japan. Ser. II, 89 (5), 563–569, doi:10.2151/jmsj.2011-510.

Zhang, Y., J. M. Wallace, and D. S. Battisti, 1997: ENSO-like interdecadal variability:

1900-93. Journal of climate, 10 (5), 1004–1020.

105





4 Southern Hemisphere response

Each D-O event is associated with an Antarctic Isotope Maximum (AIM) event with tem-

perature changes between 1◦C to 3◦C (e.g., Blunier and Brook (2001)). The inferred

Antarctic temperature changes are gradual and in anti-phase with Greenland temperature

over a D-O cycle (Barbante et al., 2006).

In CONT temperature anomalies associated with NA cold phases around Antarctica and

in the Southern Ocean are spatially variable, small in amplitude and are in general not

significantly correlated with Greenland temperature over the transitions (Fig. 2.3). One

exception to this exist, a band of warm anomalies (∼ 0.5◦C) along the latitudes of ∼ 20◦S

(Pacific sector), ∼ 40◦S (Atlantic sector) and ∼ 60◦S (Indian Ocean sector). In this Chap-

ter we explore why there is no strong interhemispheric coupling associated with the NA

warm and cold phases.

The classical bipolar ocean seesaw model (Stocker and Johnsen, 2003; Crowley, 1992)

and the atmosphere-surface ocean mechanism proposed by Lee et al. (2011) both rely on

a strong AMOC reduction. A major AMOC reduction is absent in CONT, which is likely

the cause for the weak interhemispheric coupling.

However, there is still considerable debate about major AMOC reductions in association

with every D-O events (Böhm et al., 2015; Lynch-Stieglitz et al., 2014; Kissel et al., 2008;

Gottschalk et al., 2015). Furthermore, Wunsch (2006) argued that any reduction in ocean

heat transport would be compensated by a corresponding increase in atmospheric heat

transport. It is also possible that the simple seesaw model is ruled out in the real world

due to the ACC, acting as a dynamical barrier for signal transmission across it (e.g., Fer-

rari and Nikurashin (2010); Marshall et al. (2006). Lastly, the Antarctic response to fresh

water hosing experiments differs distinctly between climate models (Kageyama et al.,

2013). With this caveats about interhemispheric coupling concepts in mind, we analyse

the SH response to NA warm and cold phases in terms of:

(a) ocean circulation adjustments in the NA and the Southern Atlantic in response to the

NA cooling

(b) atmospheric rearrangements associated with the NA cooling
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4. Southern Hemisphere response

(c) atmospheric teleconnections of the tropical mode of variability in the SH

In the last part of this chapter we show that an increase of atmospheric CO2 concentra-

tion by 20 ppmv, as observed for some D-O events (e.g. Bereiter et al. (2012); Ahn and

Brook (2014)), adds to a more pronounced SH warming signal.

4.1 Advection of subsurface warm anomaly in the Atlantic Ocean

Figure 4.1.: Zonal average of Atlantic temperature anomalies [◦C] between NA_c1 and NA_w1.

In Chapter 2 we showed that a decreased SPG circulation is essential to the cold NA

phases in CCSM4. The deep convection cessation during NA cold phases eventually

reduces the maximum AMOC strength by ∼ 4 S v. Associated with this decrease is a re-

duced northward heat transport. We note though that this is a small reduction compared to

fresh water hosing experiments. Following the interhemispheric coupling ideas of Crow-

ley (1992) and Stocker and Johnsen (2003) the reduced AMOC should warm the South

Atlantic. However, in CONT the AMOC strength in the southern Atlantic (20◦S ) is only

reduced by ∼ 2 S v with a lag of approximately 16 years with respect to 40◦N (Rhein-

laender, 2015). SSTs in the South Atlantic do not show a clear warming trend during NA

cold phases, with the exception of a localized warm anomaly of ∼ 0.5◦C around 40◦S

(Fig. 2.3). Furthermore, there is a pronounced warm anomaly at the SPG- subtropical

gyre (STG) boundary in the NA around 45◦N. The two warm anomalies are connected by
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4.1. Advection of subsurface warm anomaly in the Atlantic Ocean

Figure 4.2.: From Rheinlaender (2015): Evolution and propagation of the subsurface temperature

anomaly [◦C]. The contour interval is 0.2◦C and starts from anomalies of 0.1◦C. The panels

correspond to anomalies of 10 year intervals of the potential temperature at 1000 m depth. The

anomalies are relative to the long-term mean.
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propagation of subsurface warm anomalies:

The strong warming at the intergyre boundary is the consequence of the northward shift

of the Gulf Stream path during NA cold phases, due to the contraction of the SPG (see

Sec. 2). A weak reduction of the STG circulation (max. ∼ 5 S v) adds further to the

warming. A heat budget of the upper ∼ 300 m of the STG (from 32◦N-42◦N and 70◦W-

30◦W, not shown) reveals that a slight decrease in temperature occurs due to decreased

advection (∼ 4 Wm−2) for the cooling transition. This is a result of decreased heat advec-

tion from the south (O(30 Wm−2)) almost countered by decreased heat advection across

the northern face. No significant changes in surface fluxes or diffusion occur. In the

SPG (from 50◦N-60◦N and 50◦W-10◦W, not shown) the heat advection from the south

changes by more than 50 Wm−2. This suggest an anomalous heat convergence during

the NA cold phase between 42◦N and 50◦N, corresponding exactly to the aforementioned

warm anomaly at the intergyre boundary. The intergyre boundary is associated with the

zero-wind-stress curl line, the change from westerlies at the latitudes of the SPG, driving

southward Ekman transport, to easterlies at the latitudes of the STG, driving northward

Ekman transport. The intergyre boundary is, as a result of the Ekman convergence, asso-

ciated with downwelling. The warm anomaly that builds up at the intergyre boundary is

consequently brought to mid-depth (Fig. 4.1, about 700 to 1500 m).

From here the subsurface warm anomaly propagates first with the gyre circulation and

later along the western boundary (Fig. 4.2, taken from Rheinlaender (2015)):

Around year 350, approximately 40 years after the onset of NA_c1, the first indication of

subsurface warming becomes visible at around 40◦N (Fig. 4.2). In the following decades

the subsurface (1000 m) warm anomaly spreads with the anticyclonic circulation of the

STG. The anomaly propagates first to the east, where a part of the warm anomaly spreads

northward, following the eastern boundary current of the SPG with consequences for

the increased deep water convection south of Iceland (cf. Fig. 2.11 and corresponding

text). The remaining part propagates first southward, then eastward, reaching the western

boundary at around year 400. During this period the subsurface warm anomaly continu-

ously strengthens and reaches its maximum (∼ 2◦C) at the western boundary in the NA

mid-latitudes (∼ 20◦N). The lag correlation between subsurface temperatures at 40◦N and

20◦N is maximal for a 20◦N-lag of approximately 20 years, consistent with gyre recircu-

lation time scales (Rheinlaender, 2015).

From here the subsurface anomaly propagates in a confined band along the western

boundary (Fig. 4.2). The propagation from here progresses distinctly faster and the sub-

surface warm anomaly reaches the equator around year 420 and the subtropical South

Atlantic (20◦S ) around year 430. Within one further decade it propagates until 40◦S ,
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the southern boundary of the South Atlantic STG, from where the subsurface anomaly

upwells, resulting in surface warming here (Fig. 2.3 and 4.1). Farther southward prop-

agation is inhibited by the ACC. This is likely a consequence of the ACC acting as a

dynamical barrier against meridional flow, owed to its strong baroclinicity (e.g., Ferrari

and Nikurashin (2010); Marshall et al. (2006)). However, the amplitude of the subsurface

warm anomaly has also reduced by about 70 % with respect to the 2◦C anomaly in the

mid-latitude NA (Rheinlaender, 2015). We thus cannot exclude the possibility that the

absence of farther temperature propagation is simply due to the small amplitude.

These findings are different from Schmittner et al. (2003)’s results, who analyse inter-

hemispheric coupling in response to fresh water hosing and resulting AMOC changes.

Schmittner et al. (2003) suggests a fast propagation of the subsurface warm anomalies in

the southern and northern Atlantic by coastal and equatorial Kelvin waves and propaga-

tion into the interior by Rossby waves, following the ideas of Kawase (1987) and Johnson

and Marshall (2002). The long time lag of approximately 500 years between Antarctic

temperature and Greenland temperature in Schmittner et al. (2003)’s study is a conse-

quence of the slow propagation southward of 40◦S , across the latitudes of the ACC. The

absence of meridional boundaries along these latitudes rules out a fast propagation by

coastal waves. The warm subsurface anomaly at 40◦S in Schmittner et al. (2003)’s study

has an amplitude of ∼ 5◦C and is by a factor of 10 stronger than the warm anomaly at 40◦S

in CONT. Furthermore, the authors note that a weakening of the ACC due to diminished

meridional density gradients occurs when the NA cools, which facilitates the temperature

propagation across the ACC. In contrast in CONT a relative long time lag is already in-

troduced by the propagation in the NA. The differences in CONT and Schmittner et al.

(2003)’s study could be linked to the different mechanisms involved. In CONT the major

contribution to temperature anomalies is attributed to horizontal circulation adjustments

(i.e., the gyre circulation), with heat convergence at the SPG-STG intergyre boundary.

4.2 Atmospheric pathways

In the introduction we summarized a recently proposed atmosphere-surface ocean inter-

hemispheric coupling process, resulting in enhanced Southern Ocean upwelling, when

Greenland cools (Chiang et al., 2014; Lee et al., 2011). Similar to the arguments pre-

sented in the previous Chapter (Sec. 3.4.1), this mechanism is hampered in CONT due to

a negligible southward migration of the Atlantic ITCZ. We briefly summarize the differ-

ences between CONT and Lee et al. (2011)’s study.

Following the idea of a tropical trigger for the NA climate transitions we explore in the
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second part a connection between the tropical Modoki mode and SH atmospheric circu-

lation anomalies.

4.2.1 Atlantic ITCZ shifts - an atmospheric pathway

Lee et al. (2011); Chiang et al. (2014) show that NA cooling results in strengthened west-

erlies in the SH. This is the result of a southward migration of the Atlantic ITCZ, re-

sulting in a weakened subtropical jet in the Pacific that causes in turn an intensification

of the eddy-driven SH mid-latitude westerlies. The strengthened westerlies lead to en-

hanced northward Ekman transport, which is compensated by enhanced upwelling from

depth (Toggweiler and Samuels, 1998). Lee et al. (2011) further applied the wind stress

anomalies to an EMIC, including an interactive marine biogeochemistry component. The

enhanced upwelling results in a significant increase of atmospheric CO2 of 20 and 60

ppmv, including and excluding the marine biological response, respectively.

A minor southward shift in the tropical Atlantic precipitation occurs during NA cold

phases in CONT (see previous Chapter Fig. 3.18). However, the changes are significantly

smaller compared to the changes in Lee et al. (2011)’s study. Lee et al. (2011) find an

increase of the westerlies of 25 % and positive (negative) precipitation anomalies of up

to 16 mm day−1 southward (northward) of the initial location of the Atlantic ITCZ. The

Atlantic precipitation anomalies in CONT in association with the minor southward mi-

gration of the ITCZ are of the order of 0.1 mm day−1 and associated wind-stress changes

are also weak. The slight increase in westerlies (see next section Fig. 4.4, lower) might

however contribute to enhanced upwelling at the southern boundary of the South Atlantic

STG, and add to the upwelling of the aforementioned subsurface warm anomaly. The mi-

nor changes in the location of the Atlantic ITCZ are likely a result of regionally confined

cooling in CONT, compared to Lee et al. (2011)’s and Chiang et al. (2014)’s study.

4.2.2 A tropical connection

The Modoki mode is associated with a distinct dipole pattern of SLP anomalies above the

Southern Ocean (Fig. 4.3). Phases with a predominant displacement of El Niños to the

eastern Pacific (NA cold phases) are associated with increased SLP above the Drake Pas-

sage and parts of the Weddell Sea and decreased SLP over the Ross Sea. The correlation

between 10 year low pass filtered SLP anomalies over the Weddell Sea and precipita-

tion anomalies in the WPWP (associated with the Modoki mode) is −0.68 (Rheinlaender,
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4.2. Atmospheric pathways

Figure 4.3.: SLP anomalies [Pa · std−1] associated with SST anomalies of the Modoki mode (see

Chapter 3). The sign of the SLP anomalies corresponds to NA warm phases.

2015). This pattern of SLP anomalies resembles the Antarctic Dipole pattern (ADP),

which describes an out-of-phase relationship of SLP, temperature and sea ice anomalies

between the Bellinghausen Sea and the Ross Sea (Pacific sector) and the Weddell Sea

(Atlantic sector) (e.g., Yuan (2004)). Liu et al. (2002) suggest that the ADP represents

the strongest extra-tropical anomalies varying in association with ENSO. Warm ENSO

events cause an out-of-phase behaviour of the Atlantic and Pacific Hadley Cells, result-

ing in weakening of the former and strengthening of the latter (Rind et al., 2001). This

in turn reduces the strength of the Pacific Ferrel Cell and a weakens the Atlantic Ferrel

Cell. The resulting poleward heat transport anomalies cause decreased temperatures in

the Atlantic and increased temperatures in the Pacific (Liu et al., 2002). Additionally, a

warm ENSO event can trigger a stationary Rossby wave train, resulting in SLP anomalies

in phase with the ones resulting from the meridional mean flow changes and thus amplify

the ADP anomalies (Yuan, 2004). The ADP pattern in SLP anomalies is consistent with

temperature anomalies, minor changes in zonal wind stress (Fig. 4.4) and minor changes

in sea ice concentration (not shown).

During NA warm phases the wind-stress shows an anomalous cyclonic circulation cen-

tered over the Weddell Sea. The resulting onshore winds in the Weddell Sea cause neg-

ative temperature anomalies in response to advection of cold air from the Antarctic con-

tinent. The strongest increase in zonal wind-stress occurs in the eastern Pacific and the

Drake passage (∼ 10 % relative to the cold state, Rheinlaender (2015)). In the remaining

Southern Ocean the wind stress changes are negligible.

In the NA the changes in SLP initiated a positive feedback loop, resulting in persistent

and high amplitude changes. Previous studies showed that a cyclonic wind field helps to

intensify and maintain open ocean polynyas (Timmermann et al., 1999). Timmermann
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4. Southern Hemisphere response

Figure 4.4.: From (Rheinlaender, 2015): (a) Surface temperature anomalies (shading; ◦C) and SLP

(contours; hPa) anomalies for the second warm phase (year 600-650) relative to the first NA cold

phase (year 400-550). Contour lines are plotted in intervals of 0.1 hPa. (b) Zonal wind stress

anomalies (shading; Nm−2) for the same period as in (a). Vectors [Nm−2] represents both zonal

and meridional wind stress anomalies. Wind stress vectors are only plotted if anomalies are larger

than 3 ·10−3 Nm−2. Changes are only plotted if they are significant on 95 % level, based on a t-test.

et al. (1999) suggest that positive feedback mechanisms between sea ice - atmosphere and

the ocean mixed layer helped to maintain the Weddell Sea polynya during 1974 to 1976.

An upward heat flux from an existing polynya creates local warming resulting in a low

pressure system. This supports the evolution of a polynya by inducing a divergent ice

drift and enhanced upwelling, due to Ekman pumping (Timmermann et al., 1999; Lemke,
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1987).

Figure 4.5.: Mixed layer depth [m] in the LS (black), sea ice concentration in the LS (yellow),

Mixed layer depth in the Weddell Sea [m] (blue), smoothed by a 20 year running mean and PC

1 of 20 year LP filtered southern Hemisphere SLP anomalies [std] (red). The grey vertical bars

indicate phases of LS deep convection cessation (corresponding to event 1-8 from left to right) and

are associated with increased Weddell Sea convection for event number 1, 3, 4, 5, 6, 8 and the last

event at the end of the simulation. Whereas during phases of active LS deep water formation (white

areas), Weddell Sea deep water formation ceases for event 3, 4, 5, 6, 7 and 9. The period between

year 2875 and 3100 is characterised by variable deep water formation in both hemispheres. Note

that these are results from the FESOM model.
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4. Southern Hemisphere response

The cyclonic SLP anomaly over the Weddell Sea during warm NA phases could thus

favour the formation of a polynya and open ocean deep water formation in the SH. This

potentially provides a positive feedback mechanism, that could lend persistence to SH

climate changes.

a

b

Figure 4.6.: From Rheinlaender (2015): (a) Normalized convective area for significant deep (≥

2000 m) convection in the Weddell Sea area. For each event the convective area is normalized by

the maximum areal extent recorded in the entire simulation. (b) Maximum sea ice concentration

anomalies in the Weddell Sea convection region.

However, no consistent changes in Weddell Sea deep water convection or sea ice

anomalies occur in association with the NA warm and cold phases in CONT (Fig. 4.6).

The reason for this can be manifold, since formation and maintenance of open ocean

polynyas and associated deep water formation require also preconditioning of the ocean,

as for example a sufficiently weak stratification. Advection of sea ice into the polynya

and the subsequent melting can quickly produce a freshwater capping and hence stabilize

the water column again. However, we did not investigate this scenario for SH climate

changes further, but this is an interesting aspect for future research. In particular, since

results from a simulation of the FESOM model (Sidorenko et al., 2014) indicate that such

a relation between SLP and Weddell Sea deep water formation exists and that this changes

might be linked to NA cooling events that have the same characteristics as in CONT (Fig.
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4.5).

4.3 Southern Hemisphere response to increased CO2

Figure 4.7.: Upper panel: Surface air temperature [◦C] over the SPG (averaged from 60◦W - 20◦W

and 55◦N - 65◦N) for CONT (red) and DO_CO2 (black). The time series are smoothed by a 10

year running mean. Middle panel: as in the upper panel but, for the region of strongest warming

response in DO_CO2 in the southern Ocean (averaged from 100◦E - 130◦E and 70◦S - 60◦S ).

Lower panel: Surface air temperature anomaly [◦C] between year 20-96 of DO_CO2 and the

second warm NA phase (year 670-720) in CONT.

In CONT solar insolation and atmospheric CO2 concentration are constant at pre-

industrial levels. However, a characteristic of D-O cycles is an increase of atmospheric

CO2 levels during GSs of 5 to 20 ppmv (e.g. Bereiter et al. (2012)). CO2 variations asso-

ciated with millennial scale climate variability during the last glacial are characterized by
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4. Southern Hemisphere response

a gradual increase of CO2 in phase with AIM events. Bereiter et al. (2012) suggest a lag of

the peak in atmospheric CO2 behind D-O events (Greenland warming) of 250 ±190 years

during MIS 5 and a significant longer (∼ 800 years) lag during MIS 3. Several processes

have been proposed to contribute to the millennial scale CO2 variations. Amongst others

these are dominant El Niño-like conditions (Stott et al., 2002), terrestrial and marine bio-

sphere processes (Menviel et al., 2008) and increased Southern Ocean upwelling.

Sediment cores from the Southern Ocean show enhanced opal burial over the Younger

Dryas and Heinrich event 1, indicating enhanced Southern Ocean upwelling (Anderson

et al., 2009). The results of Lee et al. (2011) suggest further that NA cooling and the con-

sequent southward migration of the ITCZ strengthen the SH mid-latitude westerlies and

can result in enhanced Southern Ocean upwelling. We analysed above, why this mech-

anism is not present in CONT. Here we assess instead the SH temperature response to

increased atmospheric CO2. We performed an other branch experiment with increased

atmospheric CO2. The experiment DO_CO2 is branched from initial conditions of simu-

lation year 381 of CONT (corresponding to NA_c1). The only difference to CONT is the

atmospheric CO2 concentration that is increased by 20 ppmv to 300 ppmv.

The surface temperature difference between DO_CO2 and the second NA warm phase

reveals a distinctly clearer warming signal in the southern high latitudes (Fig. 4.7, lower

panel). The maximum warming response (Fig. 4.7, middle panel) to the increased atmo-

spheric CO2 contributes with about 0.5◦C to the SH warming signal in Fig. 4.7, lower

panel. The maximum cooling in the NH during NA cold phases occurs over the SPG.

The increased CO2 concentration does not significantly effect the temperature evolution

here (Fig. 4.7, upper panel). However, in the remaining NH the response to increased

CO2 resembles the pattern of polar amplification under global warming scenarios and

surface temperatures warm, relative to the NA cold phase, by a maximum of 2◦C along

the Aleutian Arc (not shown). Together with surface temperature anomalies induced by

increased atmospheric CO2 the SH response to the NA cold phases is more consistent with

reconstructions. However, we note that (a) the warming is still less than the reconstructed

1◦C to 3◦C (e.g., WAIS Divide Project Members et al. (2015)), in particular over land,

where the maximum warm anomaly lies between 0.4◦C and 0.8◦C and (b) an increase of

atmospheric CO2 by 20 ppmv represents an upper limit.

4.4 Summary & Discussion

In this section we explored why a strong interhemispheric coupling is absent in CONT.

We showed further that increased CO2, as observed for GSs, amplifies the small warming

118



4.4. Summary & Discussion

of the SH during NA cold phases. We note however that an additional process is neces-

sary for a realistic SH response. A significant correlation between the tropical Modoki

mode and SLP anomalies over the Ross and Weddell Sea exist. In contrast to the NA, the

SLP anomalies do not trigger ocean circulation changes that could amplify or lengthen

SH climate changes. We speculate that such a positive feedback could be provided by

changes in Weddell Sea deep water formation. Martin et al. (2014) show that an increase

in the extent of AABW (caused by centennial scale variations in Weddell Sea deep wa-

ter formation) strongly influences the AMOC and contraction and expansion of the NA

SPG. We speculate further that this mechanism together with the tropical and NA climate

changes in CONT could provide an important mechanism to amplify and lengthen the NA

warm and cold phases.
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5 Ocean circulation and snow accumulation changes under

different orbital conditions

Milankovitch (1941) hypothesized that decreased summer insolation at high northern lati-

tudes, caused by variations in precession, obliquity and eccentricity, allow for snow cover

to persist throughout the summer. The only positive feedback necessary to cause ice sheet

growth and subsequently a glaciation is the snow-albedo feedback. Even though this the-

ory is widely accepted, there are still several challenges to it. These are amongst others

the Mid-Pleistocene transition - the change from 100 kyr to 41 kyr cycles of ice ages (e.g.

Mudelsee and Schulz (1997)) - and the “100 kyr problem” (e.g., Imbrie et al. (1993)), or

the strong correlation between atmospheric CO2 and Antarctic temperature evolution (Pe-

tit et al., 1999). Several possible players of the global coupled climate system have been

suggested to contribute to the observed pacing of ice ages (e.g., CO2 variations from vol-

canoes and mid ocean ridges (Huybers and Langmuir, 2009), or sea ice switches Gildor

and Tziperman (2000)). It is beyond the scope of this study to explore all of the proposed

mechanisms and the few examples given above are only meant to highlight the fact that

there are still outstanding issues in the understanding of ice ages.

In the Chapter 2 we have demonstrated that the NA SPG is very sensitive to small per-

turbations in CCSM4. The NA SPG manifests itself in two different modes which can

both occur under the same boundary conditions: a weak circulation mode, associated

with colder temperatures, no deep convection and extensive sea ice cover in the LS and

a strong circulation mode, associated with warmer temperatures and active deep water

convection. For CONT we demonstrated that SLP anomalies and associated wind stress

curl changes can trigger the initial weakening of the SPG. However, in case of a bistable

system (see discussion in Sec. 2.4.3), there exist various other possible triggers which can

cause a transition between the two states. Motivated by these results we investigate in this

chapter whether (a) the dynamics in ocean circulation changes are comparable to orbital

induced changes and (b) NA cooling can alter snow accumulation and possibly favour a

glacial inception.

In the following we show that it is possible to trigger comparable changes in ocean cir-
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Figure 5.1.: (a) Annual maximum sea ice concentration [%] in the LS (averaged from 65◦W- 45◦W

and 50◦N- 70◦N) for CONT (black), for DO_71k (green) and DO_113k (red). All time series are

smoothed by a 2-year running mean. (b) Difference in annual maximum sea ice concentration be-

tween NA_w1 (CONT) and DO_113k. Overlaying contours show the averaged annual maximum

sea ice extent (15%) for NA_c1 (black) and NA_w1 (white) and DO_113k (blue).

culation, LS sea ice cover and Greenland temperature by changing the summer solstice

insolation in the NH with the orbital conditions from 113 kyrs BC and 71 kyrs BC.

Furthermore, we show in the second part of this section (Sec. 5.3) that changes in net

snow accumulation between NA_w1 and NA_c1 are comparable, in magnitude and lo-

cation, to those resulting from changed orbital conditions. The presented results suggest

that stochastic climate fluctuations - through the mechanism presented in Sec. 2 - have

the potential to contribute to the onset of glaciations.

The section is structured as follows. The experimental set-up and the effects of changed

orbital conditions are presented in Section 5.1. Section 5.2 comprises the description
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Figure 5.2.: Upper panel: Barotropic stream function [S v] averaged over the SPG (from about

50◦N-63◦N and 60◦W-26◦W) for DO_113k (red), DO_71k (green) and CONT (black). Lower

panel: Barotropic stream function anomaly [S v] in the SPG, difference between NA_w1 (year 50

to 250) and DO_113k (full length). Contours show the mean for NA_w1 (black) and for DO_113k

(red). The contour interval is 20 S v between -40 and 40, additionally the -50 S v-contour is shown.

Solid contours show anticyclonic and dashed contours cyclonic circulation.

of ocean and atmosphere circulation changes induced by the different orbital conditions.

Lastly snow accumulation changes in CONT are compared to those resulting from changed

orbital conditions (Section 5.3).

5.1 Experimental set-up of simulations under changed orbital condi-
tions

Two experiments with orbital conditions corresponding to 113 kyrs BC (DO_113k) and

71 kyrs BC (DO_71k) were performed. Both experiments are branched (see Sec. 2.2)

from initial conditions of simulation year 249 from CONT and integrated for 201 and 117
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5. Ocean circulation and snow accumulation changes under different orbital conditions

years, respectively.

The orbital conditions of 113 kyrs BC are chosen because they correspond to an extreme

minimum in summer solstice insolation at 65◦N of about 441 Wm−2. Insolation at high

latitudes is decreased in particular during spring and early summer and increased in fall.

Overall (annual) insolation is reduced at high latitudes and slightly increased in the tropics

during this period (see Fig. 1 in Jochum et al. (2010)). The reduced NH summer insolation

is a consequence of obliquity and precession being at a minimum, while eccentricity

is at its maximum. Based on Milankovitch (1941) these are favourable conditions for

a glaciation. Observations show further that the last glacial inception occurred around

113 kyrs BC (e.g., Andrews and Mahaffy (1976) and Capron et al. (2010)). The orbital

conditions from 113 kyrs BC cause a reduced summer solstice insolation at 65◦N of ∼ 38

Wm−2 with respect to present day.

The orbital conditions from 71 kyrs BC are associated with a summer solstice insolation

at 65◦N of 457 Wm−2 - a reduction of 22 Wm−2 - compared to present day. The onset

of MIS 4 and a secondary increase of ice sheets date around this time (e.g., Mix (1992)).

We focus in this section on the difference between DO_113k and CONT, the changes are

however similar for DO_71k.

5.2 Changes in DO_113k compared to CONT

In DO_113k, the switch between the weak and the strong circulation mode of the SPG is

triggered by a fast increase in LS sea ice associated with the insolation induced cooling.

Under present day conditions strong ocean-atmosphere heat fluxes remove buoyancy in

the LS, forming very dense water at the surface and thus leading to deep water convection.

The sea ice increase in DO_113k (Fig. 5.1) insulates the LS from atmospheric forcing.

Without the strong ocean-atmosphere heat fluxes during winter (the reduction in ocean-

atmosphere heat flux due to sea ice cover during NA_c1 in CONT accounted for ∼ 60

Wm−2) buoyancy removal is not sufficient and LS deep water convection shuts down (Fig.

5.3). Minor compensation of deep water formation occurs in a small area south of Iceland.

South of Iceland, the sea ice concentration does not increase and the solar insolation

induced surface cooling destabilizes the water column and causes an increase in MLD by

50 to 200 m, similar to the changes between NA_w1 and NA_c1 in CONT. Additionally,

a northward shift of the Gulf stream path (Fig. 5.2, lower) promotes subsurface warming

(not shown) and contributes further to a destabilisation of the water column south of

Iceland (see as well Jochum et al. (2012) and Fig. 2.9).

The shut down of LS deep water convection reduces the SPG circulation strength and
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Figure 5.3.: Upper panel: annual maximum MLD in the LS (averaged from 55◦N-65◦N and 60◦W-

45◦W) for CONT (black), DO_71k (green) and DO_113k (red). A 2-year running mean is ap-

plied to all time series. Lower panel: annual maximum MLD [m] anomaly between NA_w1 and

DO_113k. Black contours show NA_w1 mean and blue contours the mean over DO_113k. The

spacing between contours is 500 m.

causes a contraction of the SPG (Fig. 5.2). The average SPG strength reduces over the

first 50 years after branching to a minimum of about -16 S v and increases over the next

100 years to about -19 to -20 S v, resulting in a mean SPG strength which is about 3 S v

weaker than during NA_w1. In the center of the SPG, the circulation strength is reduced

by up to 10 S v. The largest changes occur at the southern edge of the SPG (cf. black and

red 0-contour in Fig. 5.2, lower panel), associated with the northward shift of the Gulf

stream and the SPG contraction.

The maximum AMOC weakens as a consequence of the decreased deep water formation

in the LS by about 4 S v to a minimum of 21 S v after about 50 years and recovers in the

subsequent 100 years to about 24.5 S v (Fig. 5.5).

The stability of the AMOC is most likely (as in CONT) a consequence of (a) no changes
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a b

Figure 5.4.: (a) Surface temperature difference [◦C] between years 50 and 250 (NA_w1) and

DO_113k. (b) Sea level pressure anomaly [hPa] between NA_w1 and DO_113k. Black contours

show the 1000-year mean of SLP in CONT and blue contours the 200-year mean of DO_113k.

in deep water formation in the Nordic Seas and (b) the minor compensation of deep water

formation south of Iceland. Contrary to the AMOC, the SPG circulation strength does not

recover completely (at least not during the 200 years of the simulation). The maximum

circulation in the SPG region reduces to about -50 S v in DO_113k within 15 to 20 years

and stays constant thereafter. The maximum circulation during NA_w1 in CONT is about

-56 S v.

The different behaviour of AMOC and SPG strength can be explained by the identified

positive feedbacks on the SPG circulation (Chapter 2). The first feedback is the atmo-

spheric feedback due to the sea ice anomalies in the LS region and consists of a “cold-core

high”, with increased SLP by up to 3.6 hPa (Fig. 5.4 (b), compared to 2.8 hPa in CONT).

The SLP maximum occurs above the location of maximum sea ice concentration changes

and then spreads with the west-ward drift far across the Eurasian continent. The anomaly

spreads farther south than in CONT, most likely due to changed mean wind fields under

the different orbital conditions. Associated with this change in SLP is a reduced wind

stress curl forcing (not shown) of the SPG (cf. Fig. 2.5 and corresponding text). The

second feedback is related to the deep convection cessation and its effect for the gyre cir-

culation. The deep convection in the LS does not resume in DO_113k thus continuing to

contribute to reduced horizontal density gradients and hence the density driven weakening
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of the SPG rim current.

Figure 5.5.: Maximum AMOC [S v] for CONT (black), for DO_71k (green) and for DO_113k

(red).

A consequence of the reduced insolation is a stronger atmospheric surface temperature

decrease than in CONT, with a relative uniform cooling of ∼ 3◦C north of 60◦N and ∼ 4◦C

north of 80◦N (Fig.5.4 (a)). Strongest cooling occurs over the LS - the area of maximum

sea ice changes (Fig. 5.1)- with an amplitude of 12 ◦C, identical to the changes between

NA_c1 and NA_w1.

A strong warming (up to 3◦C) occurs over the African and Indian monsoon regions which

is consistent with increased mean insolation in the tropics (cf. to insolation differences at

the top of the atmosphere between present day and 113 kyrs BC in Fig. 1, right in Jochum

et al. (2010)).

5.3 Implications for glacial inception scenario

Jochum et al. (2012) show, by comparing a pre-industrial control simulation with a simu-

lation of the same model but with orbital conditions of 113 kyrs BC, that - as hypothesized
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by Milankovitch- the only necessary feedback for a glacial inception scenario is the pos-

itive snow-albedo feedback, due to reduced snow and sea ice melt during summer. An

atmospheric heat budget reveals that this positive feedback is almost compensated by in-

creased atmospheric heat transport and reduction of low cloud cover in the Arctic (Jochum

et al., 2012) . The ocean heat transport recovers after an initial weakening almost com-

pletely (both AMOC and SPG). The authors suggested that the better representation of

orography in their high resolution atmosphere (finite volume 1◦ core) is a main reason

for the realistic increase in snow accumulation compared to earlier modelling results.

Given the lower atmospheric resolution (2 ◦ finite volume core) in CONT, DO_113k and

DO_71k we first confirm the snow accumulation changes (ocean circulation changes were

confirmed in the previous section) under different orbital conditions. We show further that

the NA cooling in association with NA_c1 results in net snow accumaltion changes simi-

lar to the one in Jochum et al. (2012)’s study.

The colder surface temperature in DO_113k and DO_71k in high northern latitudes are

linked to increased net snow accumulation of up to 0.4 m(yr)−1 over Greenland, the Aleu-

tian Arc, northern Siberia and the Canadian Archipelago. (Fig. 5.6 (b) and (c)). Com-

pared to Jochum et al. (2012)’s study the snow accumulation is weaker over Greenland

in DO_113k and DO_71k, but enhanced over the Chukotsky Range in eastern Siberia. In

particular in northern America and the Canadian Archipelago increase in snow accumu-

lation and the southward extension of perennial snow covered areas (red and blue shading

in Fig. 5.6) are in good agreement with Jochum et al. (2012)’s findings. Jochum et al.

(2012) demonstrates that the increase in net snow accumulation is almost solely the result

of reduced snow melt. We assume due to model similarity and the good agreement in

ocean circulation and snow accumulation changes of DO_113k and DO_71k that this is

as well true for our experiments.

The changes in net snow accumulation between NA_w1 and NA_c1 in CONT are smaller

in amplitude, but of the same order of magnitude as those induced by the different orbital

conditions (Fig. 5.6 (a)). Net snow accumulation increases for NA_c1 at the same loca-

tions, with a maximum change of 0.25 m(yr)−1 over the Canadian Archipelago. This is

also the only increase in spatial extent of areas with a perennial minimum snow height of

≥ 1 cm during NA_c1. Areas with persistent snow cover during summer indicate where

ice sheet growth would start if an ice sheet module was included. The difference between

the blue and red areas and increased net snow accumulation in DO_113k, DO_71k and

NA_c1 coincide with the starting location of ice sheet build up during the last glacial in-

ception, based on ice sheet reconstructions (Svendsen et al. (2004), Kleman et al. (2010)).
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5.4 Summary & Discussion

We have shown that changes in the NA climate, associated with a switch between a strong

and a weak circulation mode of the SPG, can also be triggered by changes in orbital con-

ditions. This supports the important role of the SPG circulation for climate changes in

the entire NA region and its sensitivity to perturbations. The snow accumulation changes

associated with the changed orbital conditions are in good agreement with the findings of

Jochum et al. (2012) and are comparable in amplitude and location with snow accumula-

tion differences between NA_c1 and NA_w1.

It is widely accepted that the main driver of glacial-interglacial transitions is the orbital

forcing (Milankovitch-theory). However, as pointed out in the introduction, there are still

challenges to the Milankovitch theory. Thus, the exact timing of glacial inceptions and

terminations might very well be due to various other processes such as for example an

internal mode of variability. The present results indicate that internal climate variability

has the potential to contribute to glaciations. However, the results presented in this sec-

tion need further investigation, in particular an ice sheet model response to the net snow

accumulation changes would be of interest. One could imagine model simulations to de-

termine how much the various processes contribute to ice sheet growth, by combining

the snow accumulation changes from this simulation with changes from different orbital

conditions in a Monte Carlo way and use them as forcing for an ice sheet model.
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a

b

c

Figure 5.6.: Net snow accumulation [m · yr−1] differences are indicated by the green shading.

Red and blue shadings represent areas with summer (minimum) snow height over land ≥ 1cm.

(a) Difference between cold (year 451-470, blue areas) and warm (year 51-70, red areas) phase of

CONT. (b) Difference between CONT (warm, red areas) and DO_113k (blue areas). (c) Difference

between CONT (warm, red areas) and DO_71k (blue areas).
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6 Discussion & Conclusion

The prevailing view attributes D-O events to a severe reduction in AMOC strength, thought

to be triggered by fresh water capping of the NA deep water formation sites. However,

there exist several challenges to this hypothesis. The most important ones are likely (a)

the ambiguous evidence for fresh water input in the NA during D-O events and the open

question what could have caused them (b) the ongoing debate about severe changes in

AMOC during D-O events and (c) the different responses that are simulated by various

GCMs, dependent on model details, the location and timing of the fresh water input.

Recently, an increased number of coupled climate models showed spontaneously arising

climate transitions (see Chapter 1).

Motivated by this results we raised the question whether internal climate variability can

account for aspects of millennial scale climate variability.

A satisfying hypothesis for D-O cycles should be capable to explain the characteris-

tic global scale changes that are associated with D-O cycles. We presented evidence for

changes in CONT in the NA region that feature several important aspects of D-O cycles.

These are namely the sawtooth shaped temperature changes in Greenland, high amplitude

SST changes in the LS and the northern NA, atmospheric rearrangements previous to or

simultaneously with Greenland temperature changes as well as a cooling of the entire

northern high latitudes. Furthermore, the shift in the tropical Pacific towards predominant

El Niño-like conditions and the associated increase in ENSO variance agree with recon-

structions. However, several characteristic aspects of D-O cycles are absent in CONT or

present but have to small amplitudes compared to reconstructions. These are:

• amplitude and spatial extent of NA temperature changes

• pronounced ITCZ shifts over all ocean basins and closely related to this, changes in

the global monsoon system

• SH warming

Although the said shortcomings are most likely linked to each other - for example a pro-
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nounced SH warming can also promote a southward migration of the ITCZ (Cvijanovic

et al., 2013) - we follow the general structure of this thesis and discuss the discrepancies

between the climate transitions in CONT and D-O cycles separately for the NH and the

tropics. Since a clear temperature signal in the SH is absent in CONT nothing specific

can be said here and we do not address the SH in the discussion.

It has been often suggested that the Holocene climate is stable and that the underlying

dynamics of millennial scale climate variability thus require glacial boundary conditions

as for example the presence of the Laurentide and Fennoscandian ice sheets (see e.g.

Wunsch (2006)). However, Bond et al. (1997) suggest “mini-D-O events ” during the

Holocene based on IRD changes in two marine sediment cores from the NA. Moy et al.

(2002) suggest further that millennial scale ENSO variability is linked to these “mini-D-O

events ” during the Holocene. An alternative hypothesis could thus be that the underlying

dynamics of Holocene and last glacial climate variability are the same, but the amplitude

and time scales are dependent on boundary conditions.

Therefore the main focus of the discussion in each section lies on how dependent the

proposed mechanism is on background conditions and how glacial boundary conditions

could alter them.

6.1 Northern hemisphere

The amplitude in Greenland temperature change is smaller by about a factor of 2 to 3 com-

pared to reconstructions of Greenland temperature over a D-O cycle. Locally, over the LS

and parts of the subpolar gyre the temperature anomaly amounts to ∼ 12◦C, owed to the

direct effect of sea ice anomalies that insulate the atmosphere from the ocean heat content.

Li et al. (2010) demonstrate that sea ice anomalies in the Nordic seas effect Greenland

temperatures more efficiently than sea ice anomalies in the western NA. The simplest sce-

nario for higher amplitude changes in Greenland and the entire northern high latitudes is

hence a more extensive sea ice anomaly in association with the NA cold phases, extend-

ing into the Nordic Seas. Changes of up to 50% in sea ice concentration occur during NA

cold phases off the coast of northern Norway, but are confined to the sea ice edge.

6.1.1 Background dependence

Under glacial boundary conditions the sea ice edge in the NA extends farther south than

under pre-industrial conditions in CONT (e.g., De Vernal et al. (2006)). SST anomalies

in association with the NA cold phases extend with amplitudes of 2◦C to 4◦C far into

the Nordic seas. It seems plausible that sea ice anomalies linked to the mode switch of
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SPG circulation could extend farther, when SSTs are generally colder as it is the case for

glacial boundary conditions. Together with the aforementioned results of Li et al. (2010)

this could provide a means by which our identified mechanism could attain higher ampli-

tude temperature anomalies.

In CONT only minor changes in the thermohaline structure of the Nordic Seas occur.

This is likely linked to the fact that deep water formation in the Nordic Seas persists also

during the cold NA phase. Under glacial boundary conditions modeling studies suggest

that the sinking branch of the AMOC is shifted southward, away from the Nordic Seas

associated with a distinct lower heat transport (Brandefelt and Otto-Bliesner, 2009). The

ocean heat transport in the subpolar NA is dominated by the horizontal component of the

AMOC - the gyre circulation (Rhein et al., 2011). A sudden switch of the SPG to a strong

circulation mode - as seen in CONT during the transition to the second NA warm phase

- could revive a stronger ocean heat flux into the Nordic Seas and trigger more extensive

sea ice anomalies. Additionally Chiang and Bitz (2005) have shown that extensive sea

ice anomalies in the Nordic Seas, the LS and the north western Pacific cause an ITCZ

response comparable, spatially and in amplitude, to fresh water hosing experiments with

the associated AMOC shut down. If the sea ice anomalies between cold and warm NA

phases were more extensive under glacial boundary conditions, they could trigger an ad-

equate ITCZ response. This is also relevant for a more pronounced response in the SH

through the surface ocean-atmosphere interhemispheric coupling mechanism described

by Chiang et al. (2014) and Lee et al. (2011).

However, we demonstrated by comparison of CONT and HI that the sensitivity of the

SPG to small perturbations depends itself crucially on the mean background climate,

which is also likely to change under glacial boundary conditions. The weak SLP gra-

dient between Azore high and Iceland low in CONT result in a smaller SLP anomaly that

is necessary to weaken the gradients sufficiently to trigger said ocean circulation changes.

Under glacial boundary conditions this gradient is however expected to strengthen com-

pared to a pre-industrial climate with important effects for the strength of the atmospheric

jets and atmospheric meridional heat transport (e.g., Pausata et al. (2011); Li and Bat-

tisti (2008)). The combined effect of these distinct differences between pre-industrial and

glacial boundary conditions are to complex to predict whether the proposed mechanism

provides also a plausible scenario for glacial climates. In Section 6.3 we propose a simple

box model that could be used to address the question of background dependence, instead

of computational costly GCM simulations.
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6.2 Tropics

A pronounced southward migration of the ITCZ is absent in CONT. Changes in the global

monsoon system in association with D-O cycles are closely linked to ITCZ migration and

therefore we did not further examine, whether any minor monsoonal changes occurred

during the NA cold and warm phases.

We attributed the absence of the Atlantic ITCZ migration mainly to (a) the relatively re-

gional confined high amplitude cooling compared to fresh water hosing simulations (cf.

Fig. 2.3 to Fig. 2 in Kageyama et al. (2013)) and (b) the absence of a distinct warming in

the South Atlantic in association with a weak AMOC reduction (∼ 4 S v) during NA cold

phases.

Support for this argument comes from a study of a multi-model ensemble of fresh wa-

ter perturbed simulations under LGM boundary conditions (Kageyama et al., 2013). The

authors find an almost linear relationship between simulated NA cooling amplitude and

precipitation anomalies in the equatorial Atlantic.

During present El Niño events the SST pattern in the tropical Pacific becomes more sym-

metric around the equator, resulting also in a mean southward migration of the ITCZ in

the Pacific (Fedorov and Philander, 2000). However, the dominant El Niño-like condi-

tions during NA cold phases in CONT did not cause any significant changes in the Pacific

ITCZ. We speculate that this is also attributable to a relative small amplitude of the mean

changes in the tropical Pacific in CONT.

6.2.1 Background dependence

Orbital conditions - mainly through variations in precession - effect the seasonal cycle in

the tropics. ENSO amplitude, period and irregularity are largely set by the seasonal cy-

cle (e.g., Tziperman et al. (1997)). Further Timmermann et al. (2007) and Clement et al.

(2001) have shown in modeling studies that abrupt changes in ENSO behaviour can occur

in response to the slowly varying orbital forcing. How such forced changes in ENSO char-

acteristics interact with internal variability of the ENSO system on decadal to centennial

time scales remains to be investigated. For a mid- Holocene simulation Karamperidou

et al. (2015) show that the frequency of strong EP ENSO flavours decreases significantly

by about 50 % relative to a pre-industrial control simulation, this is accompanied by a de-

crease in EP ENSO variance by 30 %. In contrast no change in variance of the CP flavour

occurs and the frequency of CP ENSO events increases slightly. The authors attribute

the different trends in CP versus EP flavours to their differing response to the seasonality

of the cold-tongue. Orbital induced changes in the seasonality of western Pacific wind

138



6.2. Tropics

forcing, which acts to deepen the eastern Pacific thermocline, reduce the stratification and

weaken the upwelling feedback. The upwelling feedback is determining for the evolution

of EP ENSO flavours, whereas the evolution of CP flavours depends on the zonal advec-

tion feedback (Karamperidou et al., 2015; Fedorov and Philander, 2000).

This study demonstrate the importance of orbital forcing for the evolution of EP versus

CP ENSO flavours. The interactions between internal climate variability (the Modoki

mode in CONT) and orbital induced changes in the tropical Pacific are again to complex

to make any meaningful predictions on the influences of glacial boundary conditions on

the Modoki mode. To address the question how the internal mode of variability - the

Modoki mode - evolves under and interacts with different boundary conditions, a study

similar to Karamperidou et al. (2015)’s study but under glacial boundary conditions (or

better a transient simulation) could provide further insight.

Another question that deserves further attention relates to the time scales. In CONT the

variations in the Modoki mode feature a centennial time scale, whereas most D-O cycles

lasted for millennia-long. Timmermann et al. (2007) suggest a four-dimensional homo-

clinic bifurcation scenario for the generation of decadal scale variations of the Modoki

mode. Higher dimension homoclinic bifurcations can generate chaotic behaviour (Glendin-

ning and Sparrow, 1984) and therefore can exhibit very long time scales (Lorenz, 1991).

However, there is still considerable debate on whether ENSO behaves as a non-linear

self-sustained oscillator or a linear dampened mode, excited by stochastic forcing (see

e.g., Wang et al. (2012) for a review on the different theoretical concepts of ENSO dy-

namics).

The changes in ENSO variance and the east-west displacement associated with the in-

ternal Modoki mode in CONT are qualitatively similar to the orbital induced changes in

ENSO flavours seen in Karamperidou et al. (2015)’s study. Alternatively to our hypothe-

sis of internal tropical variability triggering the NA cold phases, orbital induced changes

provide an other means.

The results of Chapter 3 point towards a tropical trigger of the NA cold and warm phases.

However, to address the question about the cause and effect relationship, targeted experi-

ments with modified tropical Pacific SST anomalies are necessary.

We conclude, with the constraint of the aforementioned background climate depen-

dency, that internal climate variability can account for several important aspects of mil-

lennial scale climate variability. The absence of a SH response in CONT is likely the most

important deficiency and has to be addressed by future research.

If it turns out that glacial boundary conditions are not favourable for the scenario sug-
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gested in this thesis, it can still be applicable for Holocene variability, such as the Little

Ice age, the 1920-Greenland warming or the reconstructions of millennial scale climate

variability in the Pacific and NA (Moy et al. (2002) and Bond et al. (1997), respectively).

6.3 Future prospects

6.3.1 A simple box model for SPG - sea ice - atmosphere interactions

Based on the key feedback mechanisms identified in CCSM4 we started to develop a

simple box model including the dynamical interaction between the subpolar gyre, the at-

mosphere and sea ice. This model can then be used to examine the dependence of the

proposed mechanism on background climate. A simple box model is computational ef-

ficient and it will be therefore possible to analyse a parameter space for the hysteresis

behaviour in SPG transport.

The simple box model is based on a slightly modified version of a four-box model of the

SPG (Born and Stocker, 2014). The box model consists of a lower and upper box in the

central SPG and the rim current of the SPG. Only temperature and salinity in the inner

boxes are calculated prognostically. Temperature and salinity of the rim current are con-

stant and represent in this regard an infinitive heat and salinity reservoir. The temperature

of the upper inner box is determined by solar insolation (in the modified version) and the

exchange of temperature with the outer box. The salinity of the upper inner box changes,

additionally to the exchange with the outer box, through a surface freshwater flux (rep-

resenting the precipitation-evaporation balance). The gyre velocity consists of a density

driven and a wind driven component. The former is calculated according to thermal wind

from the variations in temperature and salinity in the central part of the SPG, relative to

the constant temperature and salinities of the outer boxes. The salinity and temperature

fluxes between the inner and outer boxes depend on the respective differences in these

properties and the velocity of the outer rim current. The velocity dependence is repre-

sented as a parametrized eddy flux. Convective overturning occurs when the density of

the upper box exceeds the density of the lower box and the two water masses are entirely

mixed. This box model features a hysteresis behaviour of the SPG transport in response

to changes in either salinity advection of the rim current of the SPG or net freshwater

flux. The non-linearity arises from the interaction of the eddy driven salinity flux into

the central part of the SPG and the strength of the buoyancy driven circulation (Born

and Stocker, 2014). We coupled the SPG model to a simple thermodynamic zero-layer

sea ice model (Semtner Jr, 1976). To allow for a partially sea ice covered SPG the sea

ice concentration is assumed to vary with the sea ice height. To represent the important
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atmospheric feedback to sea ice anomalies, we calculate a geopotential height anomaly

dependent only on the atmospheric temperature anomaly, that is assumed to be the areal

weighted temperature over sea ice and over the open ocean. The hypsometric equation is

used to relate the temperature anomaly to a change in geopotential height. By assuming

a constant underlying north-south gradient of geopotential height we can infer a zonal

wind strength anomaly from thermal wind, using the constant background gradient and

the anomaly. Calculating the geopotential height anomaly directly from the atmospheric

temperature anomaly implies the assumption of no horizontal advection. The wind driven

velocity is assumed to vary linearly with the strength of the wind anomaly. In a first step

the hysteresis behaviour of the modified model and the effect of the sea ice -atmosphere

feedback on it has to be verified and tested. In a second step the parameter space of the

hysteresis has to be determined. In a third step the effect of different boundary conditions

(i.e., glacial) can be tested by an offset in the north-south geopotential height gradient,

different insolation and possibly a different net freshwater flux.

6.3.2 The 1920 Greenland warming - a modern analogue?

An important step for future research is to verify the proposed mechanism with obser-

vational evidence. However, reconstructions of ocean circulation are sparse and we are

not aware of any study trying to reconstruct the SPG circulation strength during the last

glacial. Similarly the SLP-sea ice feedback cannot be tested against reconstructions.

However, as pointed out to me by Bo Vinther, during the mid-twenties an abrupt warm-

ing of several degrees is recorded in Greenland (Cappelen, 2013). The increase by about

3 − 4◦C occurs over a decade, is followed by a rather gradual cooling trend over the next

decades until the beginning of the 1980ies (Fig. 6.1). Giese and Ray (2011) analyse

SODA 2.2.4 reanalysis data and find that from 1890 to 1920 ENSO events were as strong

as during the end of the 20th century (post 1976). In between there is a period of rela-

tive weak ENSO variability and during the 1930ies even a complete absence of El Niño

events. Furthermore the strong ENSO events (pre- 1920 and post 1970) show a tendency

to occur farther to the east (Giese and Ray, 2011). However, Giese and Ray (2011) also

note that the null hypothesis that the east-west displacement is due to a random distribu-

tion around a mean latitude cannot be rejected.

Lastly we note that the end of Greenland warming coincides with three relatively unique

events of the instrumental record period, the Weddell Sea polynya in the south, the great

salinity anomaly in the NA and a major shift of ENSO properties (e.g., Zhang et al. (1997);

Fedorov and Philander (2000); Wang and An (2002)). Each of these phenomenons has

been studied previously. We think however that it is worth revisiting these events and to
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analyse whether these events could support the findings of this thesis.

Figure 6.1.: Upernavik annual mean surface temperature anomaly from a meteorologic station in

Greenland. Data are from Cappelen (2013). The time series is smoothed by a 4 year running

mean.
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A Appendix

Figure A.1.: EOF 1 (77 % explained variance) and EOF 2 (8.9 % explained variance) of unfiltered

SST anomalies in the tropical Pacific. EOF 2 corresponds to the Modoki mode.

Figure A.2.: Wavenumber 6 Morlet Wavelet analysis of PC 2 of tropical Pacific SST anomalies

in HI in units of normalized variance (σ2). The black contours represent the 95%- confidence

level assuming red noise. The transparent regions on the sides of the figure represent the Cone

of Influence, where edge effects become important. The Figure was produced with the matlab

toolbox of Grinsted et al. (2004)



A. Appendix

a

b

Figure A.3.: (a) Tropical Pacific EOF 1 to 3 of LP filtered precipitation anomalies in units of

mm(day · std)−1. The corresponding PCs are shown in (b).
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Abbreviation list

AABW Antarctic Bottom Water

ACC Antarctic Circumpolar Current

ADP Antarctic Dipole Pattern

AIM Antarctic Isotope Maximum

AMOC Atlantic Meridional Overturning Circulation

BSF Barotropic Stream Function

CP Central Pacific

D-O events Dansgaard-Oeschger events

DEAM Decadal ENSO Amplitude Modulation

EASM East Asian Summer Monsoon

ENSO El Niño Southern Oscillation

EMIC Earth System Model of Intermediate Complexity

EOF Empirical Orthogonal function

EP Eastern Pacific

IRD Ice Rafted Debris

ISM Indian Summer Monsoon

ITCZ Intertropical Convergence Zone

GCM General Circulation Model

GS Greenland Stadial

GI Greenland Interstadial

HP High Pass

LGM Last Glacial Maximum

LP Low Pass

LS Labrador Sea

MLD Mixed Layer Depth

MIS3 Marine Isotope Stage 3

NA North Atlantic

NADW North Atlantic Deep Water

NAO North Atlantic Oscillation

NH Northern Hemisphere

PC Principal Component

SASM South American Summer Monsoon

SH Southern Hemisphere

SLP Sea Level Pressure

SPG Subpolar Gyre

SST Sea Surface Temperature

STG Subtropical Gyre

WPWP West Pacific Warm Pool
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